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Abstract. Changes in global-mean precipitation are strongly constrained by global radiative cooling, while 8 

regional rainfall changes are less constrained because energy can be transported. Absorbing and non-absorbing 9 

aerosols have different effects on both global-mean and regional precipitation, due to the distinct effects on 10 

energetics. This study analyses the precipitation responses to large perturbations in black carbon (BC) and 11 

sulphate (SUL) respectively by examining the changes in atmospheric energy budget terms on global and 12 

regional scales, in terms of fast (independent of changes in sea surface temperature (SST)) and slow responses 13 

(mediated by changes in SST). Changes in atmospheric radiative cooling/heating are further decomposed into 14 

contributions from clouds, aerosols, and clear-clean sky (without clouds or aerosols). 15 

Both cases show a decrease in global-mean precipitation, dominated by fast responses in the BC case while slow 16 

responses in the SUL case. The geographical patterns are distinct too. The intertropical convergence zone (ITCZ), 17 

accompanied with tropical rainfall, shifts northward in the BC case, while southward in the SUL case. For both 18 

cases, energy transport terms from the slow response dominates the changes in tropical rainfall, which are 19 

associated with the northward (southward) shift of Hadley cell in response to the enhanced southward (northward) 20 

cross-equatorial energy flux caused by increased BC (SUL) emission. The extra-tropical precipitation decreases 21 

in both cases. For the BC case, fast responses to increased atmospheric radiative heating contribute most to the 22 

reduced rainfall, in which absorbing aerosols directly heat the mid-troposphere, stabilise the column, and suppress 23 

precipitation. Unlike BC, non-absorbing aerosols decrease surface temperatures through slow processes, cool the 24 

whole atmospheric column, and reduce specific humidity, which leads to decreased radiative cooling from the 25 

clean-clear sky, and is consistent with the reduced rainfall. Examining the changes in large-scale circulation and 26 

local thermodynamics qualitatively explains the responses of precipitation to aerosol perturbations, whereas the 27 

energetic perspective provides a method to quantify their contributions. 28 
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1. Introduction 30 

Aerosols have been proposed to affect clouds and precipitation to a large extent by interacting with clouds and 31 

radiation (Ramanathan et al., 2001). However, aerosol effects on clouds and precipitation remain highly uncertain 32 

due to the complex nature of aerosol-cloud-radiation interactions. For example, satellite-estimated and model-33 

simulated aerosol-cloud interactions show large discrepancies in terms of magnitude and even in sign (e.g. 34 

Ackerman et al., 2004; Rosenfeld et al., 2019; Wang et al., 2012). Disagreements between different studies can 35 

be attributed to methodologies  (Gryspeerdt et al., 2014), model uncertainties (White et al., 2017) and, importantly, 36 

are often related to differences in environmental conditions, such as relative humidity, dynamic background, cloud 37 

types, stability (Alizadeh-Choobari, 2018; Khain, 2009; Khain et al., 2008; Lohmann et al., 2007; Zhang et al., 38 

2016). Knowledge about the chain of processes, from aerosol emission to acting as cloud condensation nuclei 39 

(CCN) or ice nuclei (IN) and to cloud microphysics and dynamics, is critical for reducing the uncertainties and 40 

understanding the climate system (Ghan et al., 2016), which is referred to as a ‘bottom-up’ approach. However, 41 

this is challenging, considering uncertainties can arise from aerosol emissions, activation, cloud microphysics and 42 

dynamic regimes (e.g., Gettelman et al., 2013; Ghan et al., 2012; Michibata et al., 2016; Zhang et al., 2016). 43 

An energetic perspective provides an alternative approach to examine aerosol effects on precipitation, which is 44 

referred to as a ‘top-down’ approach. For global scales, in equilibrium, latent heat released from rainfall should 45 

be energetically balanced by atmospheric radiative cooling together with surface energy fluxes (Allen and Ingram, 46 

2002; Andrews et al., 2010). Climate forcers, such as greenhouse gases (GHGs) and aerosols, which affect the 47 

energy budget, can modify the hydrological responses (Kvalevåg et al., 2013; Stephens and Hu, 2010). The energy 48 

constraints can be applied to regional rainfall by introducing the energy transport term (H) (Muller and O’Gorman, 49 

2011; Richardson et al., 2016). The local energy budget at equilibrium can be addressed as the following equation: 50 

𝐿𝛿𝑃 =  𝛿𝑄 +  𝛿𝐻           (1) 51 

where  denotes the difference between two climate states (e.g., with and without anthropogenic aerosols). L 52 

refers to the latent heat of condensation, and P is the precipitation rate, so LP refers to the atmospheric latent 53 

heating rate from rainfall. H is the column-integrated divergence of dry static energy which is expected to be zero 54 

on a global scale. Q is the atmospheric diabatic cooling (except for latent heat released from precipitation), 55 

consisting of atmospheric radiative cooling (ARC) and downward surface sensible heat flux (-SH). ARC is the 56 

difference of shortwave (SW) and longwave (LW) fluxes between top of the atmosphere (TOA) and the surface. 57 

ARC has significant impacts on global hydrological sensitivity (Allen and Ingram, 2002), while changes in the 58 

energy transport term (H) are essential in determining the spatial pattern of precipitation response (Muller and 59 

O’Gorman, 2011). Dagan et al., (2019b) further demonstrated that whether precipitation responses are more 60 

correlated with changes in Q or H depends on the latitude considered. In the extra-tropics, diabatic cooling/heating 61 

perturbations are confined to local scales due to strong Coriolis force (thus weak energy transport), and hence the 62 

latent heating must balance diabatic cooling according to the energy budget. However, in the tropics, horizontal 63 

gradients of dry static energy are small due to the weak Coriolis force. Therefore, local strong diabatic heating 64 

perturbations can lead to thermally direct circulations that drive convergence/divergence of moisture and dry static 65 

energy. This low-level convergence of mass and moisture can lead to vertical motion and thus an increase in 66 

precipitation. So rainfall does not necessarily have to positively correlate with diabatic cooling (Dagan et al., 67 

2019b).  68 
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Absorbing and non-absorbing aerosols can have different effects on each energy budget term, and thus 69 

precipitation. On the global scale, black carbon (BC), a strongly absorbing aerosol, can stabilise the atmosphere 70 

and suppress precipitation via strong shortwave absorption for short timescales, but also can increase precipitation 71 

by warming up the surface temperature on longer timescales (e.g., Pendergrass and Hartmann, 2012). The net 72 

effect can be uncertain among GCMs (Samset et al., 2016), and is sensitive to the altitude where the BC are added 73 

(Ming et al., 2010). Unlike BC, non-absorbing aerosols, for example sulphate (SUL), reduce precipitation 74 

predominantly by decreasing SST on long timescales through the dimming effect, whereby SUL scatters incoming 75 

solar radiation back to the space (Boucher et al., 2013; Kasoar et al., 2018). Additionally, the surface sensible heat 76 

flux is more sensitive to changes in BC than SUL (Myhre et al., 2018; Richardson et al., 2018).  On zonal scales, 77 

due to the relatively short lifecycle of aerosols, the radiative forcing caused by aerosols is hemispherically 78 

asymmetric, which leads to a warmer northern hemisphere for the BC case and colder one for the SUL case, 79 

respectively. As a result, the cross-equatorial energy fluxes lead to the intertropical convergent zone (ITCZ) 80 

shifting towards the warmer hemisphere (Wang, 2009; Bischoff and Schneider, 2016; Zhao and Suzuki, 2019; 81 

Keshtgar et al., 2020; Zanis et al., 2020). On regional scales, it is also worth noting that SUL is usually more 82 

suitable as CCN due to its higher hygroscopicity as compared to BC. It can therefore alter cloud microphysics 83 

and subsequent precipitation formationregional rainfall by interacting with clouds. However, the susceptibility of 84 

precipitation to sulphate aerosols (and the precursors) shows large discrepancies in satellite-estimated 85 

precipitation susceptibility to aerosols from several products (Bai et al., 2018; Haynes et al., 2009), and a broad 86 

inter-model spread (uncertainty) in GCMs (Ghan et al., 2016; Samset et al., 2016). Some studies also found that 87 

the sensitivity of precipitation to sulphate aerosols variesdiffers between model-simulated and satellite-estimated 88 

results, in terms of magnitude and sometimes in sign (Liu et al., 2020; Wang et al., 2012).  89 

These responses of precipitation have been conventionally suggested to be composed of fast and slow responses 90 

(Andrews et al., 2009; Bala et al., 2010). Fast responses, on the timescale from days to months, are independent 91 

of changes in sea surface temperature (SST), and mostly dependent on instantaneous changes in atmospheric 92 

radiative heating/cooling (O’Gorman et al., 2012; Richardson et al., 2016).  It should be noted that even though 93 

SST is unchanged in atmosphere-only models, the land surface temperature is generally still allowed to vary 94 

(Stjern et al., 2017). Slow responses, on the timescale of years, are mediated by changes in sea surface temperature 95 

(SST) and strongly correlate with top-of-atmosphere (TOA) forcing (Kvalevåg et al., 2013; Lambert and Webb, 96 

2008; Suzuki et al., 2017). Distinguishing contributions from fast and slow responses are essential for 97 

understanding the mechanisms that cause the precipitation changes. For example, Bony et al., (2013) examined 98 

the responses of tropical rainfall to increasing GHGs. They found that the fast processes weaken the vertical 99 

motion and counteract a considerable part of the increasing trend induced by surface warming. Shaw and Voigt 100 

(2015) have investigated predicted changes in the summertime Asian monsoon under a warming scenario caused 101 

by GHGs, and the fast responses caused by direct radiative effect are generally opposite to the slow impacts caused 102 

by the SST warming. The changes in circulation are essential for local climate responses, including clouds, 103 

radiation and precipitation (Johnson et al., 2019), whereas the spatial distribution of aerosols radiative forcing in 104 

turn affects atmospheric circulations (Chemke and Dagan, 2018).  105 

Distinguishing contributions from different energetic terms is also helpful for understanding physical processes 106 

and model differences (DeAngelis et al., 2015). It has historically been used to distinguish contributions from 107 

clouds and aerosols when studying aerosol radiative forcing (Forster et al., 2007; Ghan 2013). While energetics 108 
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have been applied before to analyse precipitation responses (e.g., Ming et al., 2010; Dagan et al., 2019b), here we 109 

further decompose them into individual terms to provide additional insights. Changes in the energy transport term 110 

(H) can be decomposed into eddy and mean state components, which are further associated with changes in 111 

thermodynamics and dynamics (Muller and O’Gorman, 2011; Richardson et al., 2016). Changes in ARC can be 112 

further decomposed into contributions from aerosol (mostly through SW absorption), clouds (LW radiative 113 

cooling), and clear-clean sky (mainly from water vapour, greenhouse gases, and the Planck feedback). While it 114 

has long been appreciated that changes in ARC are essential in balancing latent heat release from precipitation 115 

responses on global scales, their relationship on zonal mean or regional scales (and which ARC component 116 

dominates) has not been fully explored.  117 

The Precipitation Driver Response Model Intercomparison Project (PDRMIP) (Myhre et al., 2017) has conducted 118 

several experiments to study the response of precipitation to different climate forcers, such as GHGs, aerosols, 119 

and solar radiation change (e.g., Samset et al., 2016, Stjern et al., 2018).  It has been found that the fast response 120 

dominates the global-averaged precipitation responses to BC perturbation, which differs from other drivers of 121 

climate change (Samset et al., 2017; Stjern et al., 2017). It has also been shown that BC contributes to the most 122 

substantial uncertainties among GCMs in simulating the changes in surface temperature and precipitation, due to 123 

different parameterisations of physical, chemical, and dynamical processes involved on the path from BC 124 

emission to the final climate impact (e.g., Stjern et al., 2017). However, it is worth noting that most PDRMIP 125 

research focuses on global mean changes and addressing uncertainties among GCMs (e.g., Myhre et al., 2017; 126 

Richardson et al., 2018; Stjern et al., 2018).  Samset et al., 2016 showed the spatial patterns of fast, slow and total 127 

responses of precipitation to different climate forcers including absorbing and non-absorbing aerosols, with a 128 

greater focus on the inter-comparison between different GCMs and different climate forcers. Here we study the 129 

fast and slow response contribution to total response of precipitation with a focus on the comparison between 130 

absorbing and non-absorbing aerosols, and in particular on the underlying mechanisms causing the differences by 131 

distinguishing contributions from each energetic term at various scales.  132 

In light of previous work illustrating the potential of energy budget constraints for understanding regional 133 

precipitation changes, and the fact that absorbing and non-absorbing aerosols impact the response on two distinct 134 

timescales, we aim to answer three questions: 1. What are the contributions of fast and slow responses to total 135 

precipitation changes on global and regional scales? 2. What is the dominant energetic term in precipitation 136 

responses to absorbing/non-absorbing aerosol perturbations on different spatial and temporal scales? 3. How to 137 

relate changes in local thermodynamics and large-scale circulation to changes in energetic terms and quantify 138 

their contribution to precipitation responses? 139 

2. Method 140 

The global aerosol-climate model ECHAM6-HAM2 (Stier et al., 2005, Zhang et al., 2012, Tegen et al., 2019, 141 

Neubauer et al., 2019) is used to perform all the experiments. It is based on the general circulation model 142 

ECHAM6 (Stevens et al., 2013) and is coupled to the aerosol module HAM2 (Stier et al., 2005; Zhang et al., 143 

2012). A two-moment cloud microphysics schemes is used to prognostically predict the number and mass mixing 144 

ratios for both cloud water and ice (Lohmann et al., 2007; Lohmann and Hoose, 2009). The parametrisations for 145 

convection, including cumulus convection and deep convections, are based on the scheme by Tiedtke (1989) and 146 
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Nordeng (1994). The activation of CCN to cloud droplets is adopted from Abdul-Razzak and Ghan (2000), which 147 

is based on Köhler theory (Köhler, 1936). It should be noted that freshly emitted BC is assumed hydrophobic and 148 

does not act as cloud condensation nuclei. However, subsequent condensation of sulfuric acid and mixing with 149 

hydrophilic sulphate aerosols will increase its hygroscopicity so that internally mixed BC particles can activate as 150 

CCN (Stier et al., 2006). In HAM2.3, BC can act as ice nuclei through heterogeneous freezing, but only in the 151 

accumulation and coarse mode (Neubauer et al., 2019). The parameterisation for autoconversion is from 152 

Khairoutdinov and Kogan (2000). There are 16 spectral shortwave bands in the solar radiation scheme, and 14 153 

spectrum bands in the longwave radiation scheme (Pincus and Stevens, 2013). The general circulation model 154 

ECHAM6 provides essential meteorological backgrounds such as temperature, pressure, wind and humidity, 155 

which is coupled to HAM2 for the parameterisations of several aerosol processes such as aerosol activation and 156 

deposition.  157 

Emissions of anthropogenic BC, organic carbon and sulphate are from the Atmospheric Chemistry and Climate 158 

Model Intercomparison Project (ACCMIP) emission dataset (Lamarque et al., 2010), including emissions from 159 

industry, agriculture, aircraft, domestic, ships, and waste. Biomass burning emissions are also from ACCMIP 160 

dataset, including both natural and anthropogenic biomass burning (Lamarque et al., 2010). Dimethyl sulphide 161 

(DMS) emission is interactively related to the 10-meter wind speed and concentration in seawater.  Biogenic 162 

volatile organic carbon, and volcanic emissions are following the AeroCom phase II emission dataset (Dentener 163 

et al., 2006). All the emissions are prescribed for the year 2000, so there are no interannual variabilities of 164 

emissions. Simulations are performed at T63 (1.9° ×1.9°) spectral resolution using 47 vertical levels (L47).  165 

To study the precipitation response to absorbing and non-absorbing aerosol perturbations, we analyse two 166 

scenarios: one with a ten-times increase in BC emissions and another with a five-times increase in sulphur dioxide, 167 

relative to baseline emissions in the year 2000 (Tegen et al., 2019). It should also be noted that the increases of 168 

BC emissions here include both anthropogenic and natural sources. This is because the biomass burning emission, 169 

as a large source of BC, includes both anthropogenic and emissions (e.g. agricultural waste burning) and naturally 170 

occurring wild fire emissions. The anthropogenic contribution to wildfire emissions is assumed to dominate but 171 

subject of significant uncertainties (e.g. Lamarque et al., 2010; van Marle et al., 2017). and it is very uncertain to 172 

separate anthropogenic contribution of wild-fires. However, the increases in SO2 emissions are all anthropogenic 173 

because the sources of volcanic and sulphur are kept the same. The main purpose of this work is to better 174 

understand the mechanisms of aerosol-precipitation interactions, with a focus on, but not limited to, anthropogenic 175 

aerosol effects. As only particular aerosol emissions are changed in each perturbation, the differences between 176 

baseline and the perturbed case can be interpreted as aerosol effects. Geographical patterns of emission aerosol 177 

optical depth change can be found in the supplementary file (Figure S1). We chose the multipliers of aerosol 178 

emissions differently here is to make the aerosol effects statistically large enough and keep their radiative forcing 179 

at the same magnitude (Myhre et al., 2017). Another reason is to make our results comparable with PDRMIP 180 

work (Samset et al., 2016).  181 

We run the simulations for 100 years with a mixed layer ocean (MLO), which is described as 50 meters in depth 182 

(Dallafior et al., 2016). The ocean heat transport term (also known as the Q flux) is prescribed, which also means 183 

the ocean dynamics are unchanged. Therefore, the changes in SST are caused by local responses to net surface 184 

heat flux, and the responses in ocean circulations are omitted. To obtain the equilibrium state of precipitation 185 

responses to aerosol perturbations, i.e. the total response (𝑃𝑡𝑜𝑡𝑎𝑙), we use the last 50 years of the simulations 186 
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because at that time the model has reached approximate equilibrium (Samset et al., 2016). We acknowledge that 187 

it might take more than 100 years for a slab ocean model to fully equilibrate. Therefore we also performed a 188 

Gregory-style regression (Gregory and Webb, 2008) to check the equilibrium for the BC and SUL cases 189 

respectively (see supplementary file). For the BC experiment, it is very likely to reach equilibrium is reached 190 

approximately after 50 years. For the SUL case, the energy imbalance is significantly reduced and reaches a near-191 

equilibrium after 50 years run as well, but it is suggested that more than 100 years simulation is needed to fully 192 

equilibrate. So the total response of surface temperature to 5 times SUL should be even lower (more negative). 193 

Considering the purpose of our study is to understand the mechanisms of precipitation responses to aerosols, an 194 

exact equilibrium is not critical here and our conclusions still apply to an approximate equilibrium. Another 195 

simulation is run for 20 years with fixed sea surface temperatures (fSST) and last ten years are used. The 196 

precipitation responses for fSST simulations can be interpreted as the fast response (𝑃𝑓𝑎𝑠𝑡). The slow response 197 

is then calculated as the difference between the total response and the fast response (Myhre et al., 2017; Samset 198 

et al., 2016): 199 

𝑃𝑠𝑙𝑜𝑤 =  𝑃𝑡𝑜𝑡𝑎𝑙 −  𝑃𝑓𝑎𝑠𝑡          (2) 200 

The length of integration period is sufficient to derive the fast and total responses because the fast response of 201 

precipitation occurs on time scales from days to months and a slower response on a time scale of years (Myhre et 202 

al., 2017). 203 

Since fast and slow responses are examined from an energetic perspective, we focus on how the atmospheric 204 

diabatic cooling (Q) and energy transport terms (H) respond to aerosol perturbations in fSST and MLO 205 

simulations. H is calculated offline, as a residual by using the energy budget equation. Following previous studies 206 

(e.g., Muller and O’Gorman, 2011; Richardson et al., 2016), Q is the combination of atmospheric radiative cooling 207 

(ARC) and downward surface sensible flux (-SH), as follows: 208 

𝑄 =  𝐴𝑅𝐶 − 𝑆𝐻           (3) 209 

ARC is defined as net shortwave (SW) and longwave (LW) radiation loss of the atmospheric column, which can 210 

be calculated from the difference between the top of atmosphere (TOA) and surface radiative fluxes (downward 211 

positive), defined as 212 

𝐴𝑅𝐶 = (𝐿𝑊𝑇𝑂𝐴 + 𝑆𝑊𝑇𝑂𝐴) − (𝐿𝑊𝑆𝑈𝑅 + 𝑆𝑊𝑆𝑈𝑅)       (4) 213 

Ghan (2013) suggested using additional diagnostics to distinguish aerosol radiative forcing from aerosols, clouds, 214 

and surface albedo. This has been widely adopted in current GCMs to better estimate aerosol effects (e.g., Zhang 215 

et al., 2016). Following Ghan (2013), we further decompose ARC into contributions from clouds, aerosols and 216 

clear-clean sky (without aerosols and clouds) separately (Equation 5), by using the same additional radiation call 217 

to calculate ARC from the clear-clean sky (𝐴𝑅𝐶𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛): 218 

𝐴𝑅𝐶 = 𝐴𝑅𝐶𝑎𝑒𝑟𝑜𝑠𝑜𝑙 + 𝐴𝑅𝐶𝑐𝑙𝑜𝑢𝑑 + 𝐴𝑅𝐶𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛       (5) 219 

𝐴𝑅𝐶𝑎𝑒𝑟𝑜𝑠𝑜𝑙 = 𝐴𝑅𝐶 − 𝐴𝑅𝐶𝑐𝑙𝑒𝑎𝑛         (6) 220 

𝐴𝑅𝐶𝑐𝑙𝑜𝑢𝑑 = 𝐴𝑅𝐶𝑐𝑙𝑒𝑎𝑛 − 𝐴𝑅𝐶𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛         (7) 221 

Since ARC consists of radiative heating/cooling from aerosols (mainly through aerosol direct SW absorption), 222 

clouds (primarily through cloud LW absorption/cooling), and clear-clean sky (mainly though LW radiative 223 

absorption/cooling from GHGs, water vapour, and Planck feedback), it is helpful to systematically study the effect 224 

of absorbing and non-absorbing aerosols on each decomposed energy term, and to further connect those to changes 225 

in precipitation.  226 



 7 

It is worth noting that ∆ARCaerosol only includes direct interactions with radiation here and is much more sensitive 227 

to absorbing aerosol burden rather than non-absorbing aerosols. Despite the significant negative radiative forcing 228 

at TOA (Boucher et al., 2013), non-absorbing aerosols do not significantly modify atmospheric radiative 229 

absorption, as they act to decrease net SW radiative fluxes at both the surface and TOA in the same way. Non-230 

absorbing aerosols can affect atmospheric radiative absorption via changing absorbing aerosol life cycles (Stier 231 

et al., 2006), but the impacts can be very small. It should also be noted here that changes in ARC𝑐𝑙𝑜𝑢𝑑 include 232 

aerosol indirect effects (interactions with clouds) on ARC and cloud feedbacks in slow responses, but most of the 233 

changes are from LW radiation from clouds (e.g., Lubin and Vogelman, 2006) rather than SW radiation. And its 234 

magnitude depends on the temperature (height) at both cloud top and bottom as well as on the ice concentration 235 

at cloud top (see Figure S2 for baseline ARC𝑐𝑙𝑜𝑢𝑑). As aerosol effects on convective clouds are not explicitly 236 

simulated in ECHAM6-HAM2 (or most GCMs) yet, changes of ARC𝑐𝑙𝑜𝑢𝑑from convective clouds are mostly 237 

caused by aerosol-induced changes in dynamics. Baseline ∆ARCaerosol, ∆ARCcloud, and ∆ARCclear,clean can be 238 

seen in supplementary file (Figure S2, S3, S4).  239 

3. Results 240 

3.1. Global mean responses 241 

Table 1 shows the global-mean fast, slow, and total responses of the energy budget terms, including atmospheric 242 

latent heat release from precipitation (𝐿∆P) and other atmospheric diabatic cooling terms, in response to increased 243 

BC and SUL emission for the fSST and MLO simulations, respectively. Globally averaged precipitation is 244 

decreased in both the BC and SUL experiment, and the associated reduced latent heating is primarily balanced by 245 

decreased ARC (Table 1). However, there are some substantial differences between BC and SUL cases after 246 

decomposition into different contributions.  247 

For the BC case, the decreased precipitation from total responses (𝐿∆P around -3.26 W m-2) is mostly contributed 248 

by fast responses (𝐿∆P around -3.64 W m-2). Slow responses (𝐿∆P around 0.38 W m-2) lead to increased but much 249 

smaller in magnitude precipitation changes compared to the fast responses. Previous studies suggest that fast 250 

responses are largely mediated by atmospheric radiative absorption while slow responses scale with surface 251 

temperature change (Samset et al., 2016). An increase of BC emissions can increase atmospheric absorption to a 252 

large extent, which is a near-instantaneous process. This can be seen from the decomposition of ARC, which 253 

shows that the decreased ARC from fast and total responses is mainly due to the increased SW absorption from 254 

BC aerosols (∆ARCaerosol) (Table 1). However, the change of global-mean surface temperature in the BC case is 255 

small (around 0.4 K). That is because for an increase of BC emissions, reduction of downward SW radiation 256 

largely counteracts increased downward LW radiation from the warmer atmosphere. As a result, the change of 257 

surface temperature is regionally-dependent and globally small (Stjern et al., 2017) (Figure S2). Large changes in 258 

∆ARCaerosol and small changes in global-mean surface temperature lead to a dominating contribution from fast 259 

responses to total global-mean rainfall changes for the BC cases. 260 

For the SUL case, the slow response dominates the total response (Table 1). Since SUL is a non-absorbing aerosol, 261 

which decreases net SW radiative fluxes at both the surface and TOA through scattering solar radiation, 262 

atmospheric absorption changes little. Most of the reduced ARC in the total response is from changes in clear-263 

clean sky radiative cooling (∆ARCclear,clean) from slow responses mediated via surface flux changes. As SUL 264 
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decreases SW radiation reaching the surface, the global-mean temperature decreases around 2K on a relatively 265 

long timescale due to the high capacity of oceans (a slow process). Decreased global-mean temperature further 266 

leads to reduced ARCclear,clean from decreased atmospheric column temperature (i.e. Planck feedback) (Zelinka 267 

et al., 2020), and decreased water vapour content, which is controlled by the Clausius-Clapyron relationship 268 

(Suzuki and Takemura, 2019).  269 

The contribution of changes from SH acts to counteract nearly one-third the decreased ARC in fast and total 270 

responses for the BC case, which is much larger than that in the SUL case. This is because the absorbing aerosols 271 

heat the atmosphere and decrease the temperature difference between near-surface air and the surface, resulting 272 

in reduced upward SH fluxes. So changes in SH are also dominated by the fast response, and mainly act to increase 273 

precipitation from an energetic perspective, counteracting the decreasing effect induced by ARC in the BC case 274 

(Ming et al., 2010).  275 

3.2. Regional responses and their contributions 276 

The geographical patterns of precipitation responses are substantially different between BC and SUL, in both the 277 

fast and total responses (Figure 1). The patterns are similar to Samset et al., 2016, in which they showed an 278 

ensemble result with a focus on inter-comparison among several models and climate forcers. For the total response, 279 

it shows a distinct pattern of an ITCZ shift in response to increased BC and SUL emission. ITCZ tends to shift 280 

northward in the BC case while southward in SUL case (Figure 1a and 1b). Since BC warms (SUL cools) the 281 

northern hemisphere, there is an enhanced southward (northward) cross-equatorial energy flux in responses to the 282 

aerosol perturbation, resulting in ITCZ being shifted towards the warmer hemisphere (Bischoff and Schneider, 283 

2016; Wang, 2009). Changes in tropical rainfall are dominated by changes in the Hadley cell in responses to the 284 

enhanced cross-hemispheric energy fluxes. Figure 1e and 1f further show that slow response mainly contributes 285 

to the ITCZ shift in both cases. This will be further demonstrated in Section 3.3 and 3.4. 286 

The fast response of precipitation in the BC case (Figure 1c) shows a land-sea contrast pattern in the tropics, in 287 

which rainfall increases in central Africa while it decreases in the surrounding tropical ocean. Central Africa is 288 

one of the main source regions of BC emission through biomass burning, and tenfold increase of BC emissions 289 

makes the burden changes significant (Figure S1). The pattern of the fast precipitation response in the BC case is 290 

similar to the pattern of rapid precipitation response to 𝐶𝑂2 shown in Richardson et al., (2016). But the mechanism 291 

is not exactly the same. In the 𝐶𝑂2 case, even though SST remains unchanged, 𝐶𝑂2 can increase land surface 292 

temperature and the land-sea temperature contrast (warmer land and unchanged ocean) leads to a shift of 293 

convection to over land (Richardson et al., 2016). For an increase of BC emissions, increased downward LW 294 

radiation from the warmer atmosphere is largely counteracted by a reduction of downward SW radiation. As a 295 

result, surface temperature is decreased in central Africa (Figure S2), which differs from the 𝐶𝑂2  case. But 296 

increased BC emission can still warm up the lower troposphere and lead to more ascending motions over Central 297 

Africa (Figure S3) (Dagan et al., 2019b; Roeckner et al., 2006). As for the SUL case, the rapid precipitation 298 

response shows an opposite land-sea contrast pattern in the tropics, because SUL cools the land temperature 299 

(Figure 1d) as land surface temperature is not constrained in fSST runs. However, considering SUL does not 300 

directly affect the diabatic heating/cooling in the atmosphere, which differs from BC, the changes are small and 301 

not statistically significant over most regions. There are still some exceptions. For example, southeast Asia, which 302 

has the largest contribution to SUL emission, and SUL impacts on rainfall through cooling of land temperature as 303 
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well as interactions with monsoon (e.g., Wang et al., 2019).  Decreased surface temperature over continents, such 304 

as South America, leads to a decrease of precipitation in most land regions as well as an increase in surrounding 305 

oceans (i.e. southeast Pacific Ocean). (Figure 1d).  306 

In the zonal-mean, precipitation is decreased over northern hemispheric mid-latitudes in both BC and SUL cases 307 

for total responses, but different processes contribute to the total response. Most of the precipitation changes over 308 

high latitudes are contributed by fast responses in the BC case (Figure 1g) and slow responses in the SUL case 309 

(Figure 1h). Dagan et al., (2019b) showed different responses of rainfall to aerosol perturbation in the tropics and 310 

extra-tropics. They demonstrated that precipitation responses are more correlated with the energy transport term 311 

(H) in the tropics where heating anomalies can be compensated for by large-scale thermally-driven circulations, 312 

whereas extra-tropical rainfall responses are constrained by radiative cooling in the extra-tropics due to the 313 

stronger Coriolis force (thus weak energy transport). The different contribution from fast and slow processes 314 

between the BC and SUL case indicates different responses in the diabatic cooling in the extra-tropics, and this 315 

will be addressed in Figure 3 and Figure 4 from an energetic perspective.  316 

Figure 2 quantifies how fast and slow responses contribute to total responses of precipitation on regional scales. 317 

We used the response ratio which has also been used in Samset et al., (2016), as follows 318 

𝑅𝑟𝑒𝑠𝑝 = (|∆𝑃𝑓𝑎𝑠𝑡| − |∆𝑃𝑠𝑙𝑜𝑤|)/(|∆𝑃𝑓𝑎𝑠𝑡| + |∆𝑃𝑠𝑙𝑜𝑤|)      (8) 319 

If 𝑅𝑟𝑒𝑠𝑝 is larger than 0 and close to 1, it means most of the total responses are contributed by fast responses. If 320 

𝑅𝑟𝑒𝑠𝑝 is less than 0 and close to -1, it means slow responses dominates over fast responses. Samset et al., (2016) 321 

showed continental-based results of 𝑅𝑟𝑒𝑠𝑝 for different climate forcers, and found the variabilities among models. 322 

Here Figure 2 focuses only on BC and SUL perturbations, and quantitatively gives us the geographical patterns 323 

of contributions from fast and slow responses to total precipitation change. For the BC case, generally the response 324 

over northern hemispheric midlatitudes is consistent with the globally averaged result shown in Table 1, in which 325 

shows that the precipitation change is dominated by fast responses (Figure 2a). It can be seen from Figure 2a that 326 

significant contribution from fast response over North America, northern Atlantic Ocean, Europe, most regions 327 

in China, and north-eastern Pacifica Ocean. However, as for the changes in tropical rainfall, which is associated 328 

with ITCZ shift seen in the total response, slow responses mainly contribute to the northward shift of ITCZ rather 329 

than fast responses in the BC case. One exception is the Central Africa, where the precipitation changes are still 330 

dominated by fast responses, and this will be further examined later. For the SUL case, it has been shown that 331 

total responses are dominated by slow responses, both globally and regionally (Figure 2b). Some exceptions are 332 

some land regions such as America, China and Sahel regions, where the precipitation change is mostly not 333 

significant in total responses. 334 

3.3. Changes in energy budget terms 335 

To explain the different mechanisms between BC and SUL in terms of the contribution from fast and slow 336 

responses in more detail, we examine the changes in each energy budget term from Equation 1.  337 

For the BC case, in fast responses, most decreases in Q are located over the main BC source regions such as 338 

Central Africa, Northeast China (Figure 3a and Figure S1). For zonal mean results, after decomposing δQ into 339 

different terms based on Equation 3 and 5, it shows aerosol SW absorption is the major contributor to changes in 340 

Q (Figure 5a). Since BC is a strongly absorbing aerosol, and the effect is near-instantaneous, the changes of Q 341 

lead to decreased precipitation on global and zonal-mean scales and happen through fast responses (Table 1 and 342 
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Figure 5a). The zonal mean plot (Figure 3e) shows that fast responses of δQ caused by aerosol absorption (Figure 343 

5a) leads to reduced rainfall, especially over northern hemispheric midlatitudes (red solid line in Figure 3e).  344 

However, on regional scales, the energy transport term acts to play an important role. The geographical pattern of 345 

fast precipitation changes (Figure 1c) is more similar to fast response of δH (Figure 3c) (spatial correlation ~0.9) 346 

than δQ (spatial correlation ~-0.5). The spatial pattern of fast δH (Figure 3c) also shows a land sea contrast in the 347 

tropics as in the precipitation change distribution (Figure 1c), and this is most prominent in Central Africa and 348 

middle Atlantic Ocean. There is a significant increase of rainfall over Central Africa and decrease over the middle 349 

Atlantic Ocean (Figure 1a). This is mostly contributed by fast responses (Figure 1c and Figure 2a). As mentioned, 350 

this pattern is similar to the case of 𝐶𝑂2 shown in Richardson et al., (2016). Although BC decreased surface 351 

temperature in Central Africa through fast responses (Figure S2), BC can still warm up the lower troposphere at 352 

central Africa, which results in a thermal driven circulation which favours more convections there. This is 353 

evidenced by Figure 3c which shows the dry static energy flux flow from Central Africa to the middle Atlantic 354 

Ocean (Figure 3c). Dagan et al., (2019b) performed an idealised experiment by adding an absorbing plume in the 355 

tropics, and found a very similar standing wave pattern of precipitation as a response. Examining δH shows that 356 

this is caused by a thermal driven circulation, which favours more convections over central Africa. Positive δH is 357 

consistent with more ascending motions at central Africa (Figure S3). BC warms up the lower troposphere at 358 

central Africa, which results in more ascending motions (Figure S3), and the dry static energy flux flow from 359 

Central Africa to the middle Atlantic Ocean (Figure 3c).  360 

The slow response of δQ leads to a global increase of precipitation (Figure 3b), but the magnitude is an order of 361 

magnitude less than the fast response in δQ. This increased precipitation in the slow-response is caused by the 362 

associated increase global temperature (Figure 6c) (Table 1). From an energetic perspective, it is mainly associated 363 

with the clear-clean sky LW cooling (ARCclear,clean) (Table 1 and Figure 5b) as a result of increased atmospheric 364 

column temperature (Planck feedback). As precipitation responses in the extra-tropics are more correlated with 365 

δQ , larger fast responses of Q explain why rainfall responses in extra-tropics are dominated by the fast response 366 

in the BC case (Figure 2a). Figure 3e shows that the ITCZ shift seen in total responses is strongly correlated with 367 

slow responses of δH. Warmer northern hemisphere caused by an increase in BC leads to a southward cross-368 

equatorial energy flux, which is accompanied by a northward shift of Hadley cell (Bischoff and Schneider, 2016). 369 

Changes in vertical pressure velocity can be found in Figure 6, which also indicates a northward shift of the 370 

ascending branch of the Hadley cell. From an energetic view, the changes in vertical pressure velocity drive the 371 

dynamic effect on advection of dry static energy, which is a strong component in the changes of divergence of 372 

dry static energy fluxes (δH) in the tropics (Richardson et al., 2016). 373 

For the SUL case, most of the fast responses are not statistically significant (Figure 4a and 4c), and total responses 374 

are dominated by the slow response. For changes in extra-tropics, changes in Q are correlated with changes in 375 

precipitation. SUL decreases the mean-state temperature of troposphere through slow responses, which leads to a 376 

reduction of specific humidity (Figure 7). From an energetic view, it leads to a decreased clean-clear sky radiative 377 

cooling (ARC𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛) (Figure 5d), which contributes to most of the reduced slow responses of δQ.  For changes 378 

in the tropics, like the BC case, slow responses of δH are consistent with the southward ITCZ shift in the total 379 

response (Figure 4d). In the extra-tropics, for the SUL case, there is also an interesting land-sea contrast in both 380 

fast and slow δH, with dry static energy fluxes generally diverging from oceans to lands in fast δH (Figure 4c) 381 

and converging in slow δH (Figure 4d). This is because in the fixed SST simulations, land surface temperature is 382 
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still allowed to decrease in response to increased SUL emission (Figure S5b) as a result of reduced downward 383 

SW radiation. The land-sea contrast of temperature (colder land) results in more downward large-scale motions 384 

and divergence of moisture (See Figure S6 for changes in vertical pressure velocity and column-integrated water 385 

vapour) over most land regions, particular Southeast Asia and South America, in fast responses. Since fast 386 

responses have already accounted part of land temperature reduction, ocean surface temperature decreases more 387 

than land surface in slow responses (Figure S2d). The colder ocean temperature therefore leads to an opposite 388 

land-sea pattern compared to fast responses (Figure 4d). 389 

Changes of Q are more robust in the fast response for the BC case, and the slow response of Q is more robust for 390 

the SUL case. Decomposition of diabatic cooling shows its global-mean decrease is dominated by an increase of 391 

atmospheric aerosol absorption for fast responses in BC case (Figure 5a) and decreased radiative cooling from the 392 

clear-clean sky for slow responses in the SUL case (Figure 5d). The decreased ARC𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛 are mainly caused 393 

by the decreased atmospheric column temperature (Planck feedback) and associated reduced water vapour content 394 

(controlled by the Clausius-Clapyron relationship). Sensible heat flux (upward) is also reduced due to the warmer 395 

atmosphere caused by absorption from BC (Figure 5a).  396 

It should also be noted that changes in diabatic cooling counteract the latent heat released from precipitation 397 

associated with the ITCZ shift in both cases (Figure 3b and Figure 4b). This is mainly caused by ARC𝑐𝑙𝑜𝑢𝑑𝑠, as it 398 

contributes a large part of diabatic cooling over tropical regions (Figure 5b and 5d). This counteraction with the 399 

ITCZ shift is caused by the associated change of deep convective clouds (see supplementary file for changes in 400 

cloud properties). This is consistent with the results shown in Naegele and Randall, (2019). They found a negative 401 

correlation between tropical rainfall and diabatic cooling and demonstrated this is caused by feedbacks from deep 402 

convective clouds. More high clouds lead to a decrease of atmospheric LW radiative cooling but an increase of 403 

precipitation, and the negative correlation is robust over tropical regions where deep convective clouds prevail 404 

(Naegele and Randall, 2019). The spatial patterns of fast, slow and total responses to ∆ARCaerosol, ∆ARCcloud, 405 

and ∆ARCclear,clean can be found in supplementary file. 406 

3.4. Responses of large-scale circulation and local thermodynamic conditions 407 

Figure 3e and Figure 4e show that changes in tropical rainfall are strongly associated with slow responses of the 408 

energy transport term, independent of aerosol types (absorbing or non-absorbing), whereas changes in mid-409 

latitude precipitation are dependent on aerosol types, which are dominated by fast responses of aerosol SW 410 

absorption in the BC case and slow responses of clear-clean sky radiative cooling in the SUL case. To help 411 

understand the mechanisms of the tropospheric response in different regions, we study the response of the large-412 

scale circulation and thermodynamic conditions, by examining the changes in vertical pressure velocity (𝜔), 413 

temperature T, and specific humidity q (Figure 6 and Figure 7). The vertical pressure velocity (𝜔) at 500hPa is a 414 

useful method to distinguish different cloud dynamic regimes, and a metric to quantify the strength of large-scale 415 

circulation (Bony and Dufresne, 2005; Zhang et al., 2016). Here we only show zonal mean analysis.  416 

As shown in Figure 6, BC warms up the atmosphere through SW absorption, and the warming is confined mainly 417 

in the Northern Hemisphere (NH) where the BC emissions prevail. This leads to southward cross-equatorial 418 

energy fluxes and northward shift of the Hadley cell (Wang, 2009; Bischoff and Schneider, 2016; Zhao and Suzuki, 419 

2019). The changes in 𝜔 demonstrate the northward shift of the ascending branch of the Hadley cell, which show 420 

an increased upward motion in NH tropics and decreased ascending motion in SH tropics (Figure 6d). Therefore, 421 
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the tropical rainfall associated with ITCZ changes in response to the changes of large circulation. Figure 6f further 422 

demonstrates that slow responses contribute to most of the changes in tropical large-scale circulations in Figure 423 

6d. It is consistent with Figure 3 that changes in tropical latent heat released from precipitation is mostly 424 

contributed by δH(slow), because the dynamic component associated with changes vertical velocity dominates 425 

the energy transport term over tropics (Richardson et al., 2016). Outside the tropics, changes in ω are not as 426 

significant as in tropics (Figure 6d), and zonal mean rainfall is more related to local changes in thermodynamic 427 

conditions. Absorbing aerosols directly heat the mid-troposphere through fast processes (Figure 6b). Heating the 428 

mid-troposphere will stabilise the column and suppress precipitation. This is consistent with the energetic 429 

perspective shown in Figure 3 and Figure 5a that fast responses of radiative cooling caused by BC SW absorption 430 

(reduced ARCaerosol) accounts for the decreased latent heat in extra-tropics. An interesting aspect here is that 431 

while BC induces the ITCZ shift, the fast response (Figure 6e) seems to counteract the stronger slow response 432 

shown in Figure 6f. This is because of the strong non-zonal effect from Central Africa (see geographical pattern 433 

of vertical pressure velocity changes in the supplementary file), where BC warms up the lower troposphere 434 

resulting in more ascending motions in fast responses (Figure S6). It is also consistent with Figure 1g that fast 435 

responses of rainfall in southern tropical branch act to enhance ITCZ while only northern branch act to decrease 436 

ITCZ. 437 

For the SUL case, the tropical rainfall response is opposite to that in the BC case, but the mechanism is similar. 438 

Increasing sulphate aerosols induces a dimming effect and causes a negative radiative forcing at the surface, which 439 

is as fast process. Subsequently, global surface temperatures are decreased, a slow process controlled by ocean 440 

heat capacity, , and this cooling is more significant in NH (Figure 7a and 7c). As a result, the northward cross-441 

equatorial energy fluxes lead to a southward shift of the Hadley cell (Figure 7d). The slow responses of the large-442 

scale circulation (caused by SST temperature difference between hemispheres) contributes most of the shift of 443 

Hadley cell (Figure 7e).  In the extra-tropics, a decrease of precipitation is also found in response to changes in 444 

thermodynamics. However, unlike black carbon, SUL decreases surface temperature through slow processes and 445 

leads to a cooling of the whole column in the extra-tropics (Figure 7a and 7c). As a result, the specific humidity 446 

shows a large reduction (Figure 7i), which is associated with a reduction of rainfall in the extra-tropics. This is 447 

consistent with the energetic perspective shown in Figure 4 and Figure 5d that reduced clean-clear sky radiative 448 

cooling (ARCclear,clean) accounts for the decreased latent heat in extra-tropics.  449 

It is worth mentioning that Figure 6 and Figure 7, as a bottom-up method, qualitatively show how the changes in 450 

large-scale circulation and local thermodynamics affect rainfall in terms of total, fast, and slow responses 451 

respectively, whereas the energy budget view (Figure 3, 4, and 5), as a top-down method, is easier to quantify 452 

these contributions through energetic terms (e.g., the energy transport term,  ARCaerosol  and ARCclear,clean ). 453 

Combining these two methods makes the link between precipitation and aerosols explicit. 454 

4. Conclusions 455 

We have examined the response of precipitation to absorbing and non-absorbing aerosol perturbations by 456 

separately increasing BC emission and SUL emission in ECHAM6-HAM2 by 10-times and 5-times their baseline 457 

emission, following the PDRMIP protocol (Myhre et al., 2017; Samset et al., 2016). The precipitation response is 458 

separated into fast (mediated by near-instantaneous changes in atmospheric radiative cooling) and slow responses 459 
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(mediated by changes in SST) on both global and regional scales. An energetic perspective has been adopted to 460 

study precipitation changes. Global-averaged energetics have previously been used to study precipitation 461 

responses (e.g., Ming et al., 2010; some PDRMIP work); here, we further decompose atmospheric heating rates 462 

into individual terms separately for fast and slow responses.  Changes in atmospheric latent heat release from 463 

precipitation is balanced by changes in atmospheric radiative cooling (ARC), surface sensible heat flux and local 464 

energy transport. We introduce a method, based on Ghan (2013), to further decompose ARC into contributions 465 

from aerosols (through aerosol direct SW absorption), clouds (through cloud LW absorption/cooling), and clear-466 

clean sky (without aerosols or clouds; mainly though LW radiative absorption/cooling from GHGs, water vapour, 467 

i.e. Planck feedback).  468 

While it has long been appreciated that changes in ARC are essential in balancing latent heat released from 469 

precipitation on global scales, their relationship on zonal mean or regional scales has not been fully explored. For 470 

global means, although SUL and BC have a different sign of radiative forcing at TOA (Boucher et al., 2013), we 471 

found that precipitation is decreased for both cases, which is energetically balanced by reduced atmospheric 472 

diabatic cooling δQ (Table 1). This response occurs at different timescales, dominated by fast responses for BC 473 

and by slow responses for SUL. For BC, on the global scale, the most significant effect is that absorbing aerosols 474 

directly heat the mid-troposphere, stabilise the column, and suppress precipitation. Therefore, most of the changes 475 

are due to aerosol absorption (ARC𝑎𝑒𝑟𝑜𝑠𝑜𝑙) from fast responses. Meanwhile BC warms up the lower troposphere 476 

and decrease the temperature differences between the surface and near-surface temperature, which results in a 477 

decreased upward sensible heat. Investigating the energy balance, we found this decreased upward surface heat 478 

fluxes from fSST experiment acts to cancel almost one third the decreasing effect caused by increased aerosol 479 

SW absorption. For SUL, although non-absorbing aerosol does not directly affect ARC through aerosol absorption, 480 

the net negative radiative forcing at TOA in fSST experiments and associated surface forcing leads to a decrease 481 

of global surface temperature through slow responses. As a result, it cools the whole atmospheric column, 482 

accompanied by reduced specific humidity, which leads to reduce precipitation. This can also be seen from the 483 

decreased radiative cooling from the clean-clear sky ARC𝑐𝑙𝑒𝑎𝑟,𝑐𝑙𝑒𝑎𝑛  in slow responses. 484 

Zonally averaged patterns of precipitation changes for the BC and SUL cases are different (Figure 1). Tropical 485 

rainfall is primarily associated with ITCZ, which shifts northward for BC, and southward for SUL. Extra-tropical 486 

rainfall is reduced in both cases. For BC, slow responses account for most of the changes in tropical rainfall, while 487 

fast responses dominate changes in other regions (Figure 2a). BC warms the northern hemisphere through slow 488 

responses, which leads to a southward energy flux (Bischoff and Schneider, 2016; Rotstayn and Lohmann, 2002). 489 

From an energetic perspective, in the tropics where intense convections and large-scale thermally driven 490 

circulations prevail, slow responses of the energy transport term dominate the changes in tropical rainfall (Figure 491 

3e), which is associated with the northward shift of Hadley cells (Figure 6). Outside the tropics, BC warms up the 492 

mid-troposphere, stabilises the atmosphere (Figure 6) and suppresses precipitation, which is a fast response. 493 

Energetically, different from the tropics, BC induced increased diabatic heating is locally confined due to stronger 494 

Coriolis force. This geostrophic confinement of the diabatic heating associated with increased aerosols shortwave 495 

absorption has to be balanced by reduced latent heat from precipitation (a fast response) (Figure 5a). For the SUL 496 

case, the slow response dominates in nearly all regions (Figure 2b), which is not surprising given that sulphate 497 

aerosol does not directly affect the column diabatic cooling. In the extra-tropics, SUL decreases surface 498 

temperatures, primarily through slow processes, cools the whole column, and reduces specific humidity (Figure 499 
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7). From an energetic perspective, this can also be seen from the decreased radiative cooling from the clean-clear 500 

sky (without clouds and aerosols) (Figure 5d) due to the reduced water vapour content and decreased atmospheric 501 

column temperature (Planck feedback).  502 

There exist some interesting regions where the responses are distinct from globally or zonally averaged results. 503 

Rainfall is significantly increased over the Central Africa, in the BC case, together with reduced precipitation over 504 

the middle Atlantic Ocean, and this pattern is most prominent in fast responses. This pattern shows clear 505 

similarities with the standing wave pattern response of precipitation to an idealised plume of absorbing aerosols 506 

in the tropics (Dagan et al., 2019b).  Examining δH shows that this is caused by a thermally driven circulation, 507 

which favours more convections over central Africa. BC warms up the lower troposphere at central Africa, which 508 

results in more ascending motions (Figure S3). The low latitude (thus weak Coriolis force) allows for the dry 509 

static energy to be efficiently diverged from Central Africa to the middle Atlantic Ocean (Figure 3c). In the SUL 510 

case, while most regions are dominated by slow responses, in some regions, such as most parts of China and South 511 

America, rainfall changes are still dominated by fast responses (Figure 2b), where the surface temperature is 512 

significantly decreased (Figure S2). This is due to the dimming effect from SUL and associated surface flux 513 

changes, and because changes of land surface temperature are not constrained in fSST experiments. Reduced 514 

surface fluxes and temperatures therefore lead to a decrease of precipitation over most land regions as well as an 515 

increase at surrounding oceans (e.g., southeast Pacific Ocean).  516 

Changes in zonally averaged vertical pressure velocity, temperature profile, and specific humidity (Figure 6 and 517 

Figure 7) show consistency with zonally averaged energetics. Changes in vertical pressure velocity indicate a 518 

northward shift of the ascending branch of the Hadley cell in the BC case and SUL case. It is consistent with the 519 

changes in the divergence of dry static energy fluxes, which is dominated by the changes in vertical velocity (the 520 

dynamic component) in the tropics (Richardson et al., 2016). In the extra-tropics, stabilisation induced by BC 521 

through fast response is consistent with increased atmospheric radiative heating from aerosol SW absorption. 522 

Reduced specific humidity as well as decreased atmospheric column temperature in the SUL case is consistent 523 

with decreased radiative cooling from the clean-clear sky. The changes in large-scale circulations and local 524 

thermodynamics qualitatively explains the responses of precipitation, whereas the energetic perspective provides 525 

a method to quantify and make their contributions explicit. 526 

In summary, we examined the relationship between aerosol-induced changes in atmospheric energetics and 527 

precipitation changes across different scales. Generally, changes in ARC and latent heat from precipitation are 528 

largely balanced on global and extra-tropics (Dagan et al., 2019b).  However, these two terms are less balanced 529 

in the tropics due to efficient local energy transport. We introduced a new decomposition method, derived from 530 

Ghan (2013), to examine aerosol effects on precipitation. For absorbing aerosols, decreased global-mean and 531 

extra-tropical precipitation is associated with increased atmospheric aerosol SW absorption from fast responses, 532 

while for non-absorbing aerosols, reduced rainfall is more correlated with decreased clear-clean sky atmospheric 533 

radiative cooling from slow responses. This top-down method, together with traditional bottom-up method, can 534 

make the link between precipitation and aerosols explicit and quantify contributions to global and regional rainfall 535 

changes.  536 

We noted that high resolutions are desirable for the analysis of regional precipitation changes. However, climate 537 

models in such configurations have been widely used in this context (the entire CMIP and PDRMIP exercises rely 538 

on this) and been shown to have skills in examining regional rainfalls as well as their responses (e.g. Liu et al., 539 
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2018; Myhre et al., 2017; Samset et al., 2016). Increasing resolution while retaining parameterised convection, as 540 

done in many regional climate modelling studies, raises other concerns as many assumptions underlying these 541 

parameterisations are no longer valid (Prein et al., 2015). Ultimately, such work should be conducted in cloud 542 

resolving configurations (which would also allow to couple aerosols directly to the convection, an effect that is 543 

not currently represented) and work is ongoing to develop the required tools. However, it will still be decades 544 

before these are routinely available. In the context of the focus of this work, with focus on constraints from the 545 

energy budget and the underlying physical constraints in general, GCMs are in fact a very robust tool (and 546 

ECHAM6-HAM is, unlike other GCMs or many cloud resolving models, fully energy conserving). We therefore 547 

believe our approach to be robust, in-line with a vast body of literature on this very topic (e.g. Jordan et al., 2018; 548 

Myhre et al., 2017; Roeckner et al., 2006; Samset et al., 2016; Shawki et al., 2018; Samset et al., 2016). We also 549 

note that internal variability on regional scales is significant, in particular in coupled simulations. However, since 550 

we are examining the average of last fifty years results instead of the transient evolution, the impacts from internal 551 

variability should be small in this case. Therefore, this does not take away from our analysis of physical constraints 552 

on precipitation changes.  553 

This metric provides further insights into the model variability in simulating rainfall and their responses to 554 

different climate forcers, as shown by some PDRMIP research (e.g., Richardson et al., 2018; Stjern et al., 2018). 555 

For example, it has been demonstrated that the response from BC perturbation contributes to a large part of the 556 

substantial uncertainties among GCMs in simulating the changes in surface temperature and therefore 557 

precipitation (Stjern et al., 2017). Distinguishing contributions from individual energetic terms is helpful to assess 558 

uncertainties from aerosol absorption, or feedbacks from clouds, water vapour and surface sensible heat flux. This 559 

will improve our understanding of GCMs and the climate system, which will be the focus of our follow-up work. 560 

There exist some caveats when considering real-world implications of our results. The aerosol perturbation 561 

follows the PDRMIP protocol designed to reveal the fundamental mechanisms and to make the aerosol effect 562 

strong enough to be distinguishable from natural variability. However, these perturbations are too large to be 563 

representative for real-world situations, in particular considering anthropogenic SO2 (the precursor of SUL) 564 

emissions that are starting to decrease in South-east Asia (Zheng et al., 2018). As for Northern Hemispheric 565 

midlatitudes, where the population is concentrated, results here show that increased BC or SUL will lead to 566 

decreased precipitation, but this happens at different time scales. Increased BC may lead to a near-instantaneous 567 

decreased precipitation over China or America, while increased SUL will reduce precipitation via the slow 568 

response, modulated by SSTs, at a much longer time scale. In the real world, it should be mentioned that the 569 

anthropogenic emissions create a mixture of absorbing and non-absorbing aerosols, so the changes in rainfall 570 

strongly depend on the time scale and the real-world emission scenario. It should also be noted that the total 571 

responses of precipitation in this work are derived from mixed-layer ocean experiments and therefore differ from 572 

real-world changes involving changes in the ocean circulation. There are several studies that have addressed the 573 

importance of using ocean-coupled models to accurately simulates regional and global precipitation responses 574 

(e.g., Wang et al., 2017; Zhao and Suzuki, 2019).  575 

 576 

Data availability: The datasets of original simulations are from the ARCHER facility upon request. The data 577 

used to present in this paper can be found at: http://dx.doi.org/10.17632/8n2vj578r2.1 (Zhang, 2021) 578 
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 841 

Table 1. ECHAM6-HAM2 simulated multi-annual global averaged fast, slow, and total responses of atmospheric 842 
energy budget terms (LP – the atmospheric latent heating rate from rainfall, ARC – atmospheric radiative cooling, SH 843 
– sensible heat flux) and surface temperature (T) in response to increase of 10 times black carbon (BC) emission and 5 844 
times sulphate (SUL) emission. ARC has been further decomposed into the contribution from aerosols, clouds and 845 
clear-clean sky. All of terms are shown in equivalent precipitation units of mm d-1. 846 

 847 
(mm d-1) L∆P ∆ARC ∆ARCaerosol ∆ARCcloud ∆ARC𝑐𝑐 -∆SH ∆T (K) 

fast, 10BC -0.13 -0.21 -0.29 0.03 0.05 0.08 -0.03 

slow, 10BC 0.01 0.02 -0.01 0.00 0.04 -0.01 0.39 

total, 10BC -0.11 -0.18 -0.30 0.03 0.09 0.07 0.35 

fast, 5SUL -0.01 -0.01 0.01 0.00 -0.02 0.00 -0.14 

slow, 5SUL -0.14 -0.13 0.00 0.02 -0.15 -0.01 -1.73 

total, 5SUL -0.15 -0.14 0.01 0.01 -0.17 -0.01 -1.87 

 848 

 849 

 850 
 851 

 852 
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 853 

Figure 1. ECHAM6-HAM2 simulated geographical patterns of multi-annual mean precipitation change in response to 854 
increasing (left column) 10 times BC emissions and (right column) 5 times SUL emissions for (first row) total, (second 855 
row) fast, and (third row) slow responses. Hatching indicates where the changes are significant (90% confidence). 856 
(fourth row) Zonal averages of changes in precipitation in terms of total, fast and slow responses to increasing (g) 10 857 
times BC emission and (h) 5 times SUL emission.  858 
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 869 

 870 

Figure 2. Response ratio of fast and slow responses (𝑹𝒓𝒆𝒔𝒑)  (red denotes fast responses dominates the total responses 871 
and blue indicate slow responses dominates) of fast and slow responses for (a) BC cases and (b) SUL cases. Results have 872 
been normalised by total responses of precipitation. Hatching indicates the signs of fast and slow responses are same. 873 
If 𝑹𝒓𝒆𝒔𝒑 is around 0, contributions from fast and slow responses are similar. If 𝑹𝒓𝒆𝒔𝒑 is larger than 0, the 874 
total response is dominated by fast responses. If 𝑹𝒓𝒆𝒔𝒑 is less than 0, the total response is dominated by slow 875 
responses.  876 
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 881 

 882 

Figure 3. ECHAM6-HAM2 simulated geographical patterns of multi-annual mean changes in (first row) atmospheric 883 
diabatic cooling (∆𝑸) and (second row) dry static energy flux divergence (∆𝑯) for (left column) fast responses and 884 
(right column) slow responses to 10 times BC emission. Hatching indicates where the changes are significant (90% 885 
confidence interval through bootstrapping methods). (e) The zonal mean of total precipitation response and its 886 
decompositions, including fast and slow responses of diabatic cooling and dry static energy flux divergence. All of them 887 
are shown in equivalent precipitation units of mm d-1. 888 
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 891 

 892 

 893 

Figure 4. ECHAM6-HAM2 simulated geographical patterns of multi-annual mean changes in (first row) atmospheric 894 
diabatic cooling and (second row) dry static energy flux divergence for (left column) fast responses and (right column) 895 
slow responses to 5 times SUL emission. Hatching indicates where the changes are significant (90% confidence interval 896 
through bootstrapping methods). (e) The zonal mean of total precipitation response and its decompositions, including 897 
fast and slow responses of diabatic cooling and dry static energy flux divergence. All of them are shown in equivalent 898 
precipitation units of mm d-1. 899 
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 902 

 903 

 904 

Figure 5. ECHAM6-HAM2 simulated multi-annual zonal mean of decomposed changes in atmospheric diabatic cooling 905 
(∆𝑸), including ARC changes from aerosols (∆𝐀𝐑𝐂𝒂𝒆𝒓𝒐𝒔𝒐𝒍),  clouds (∆𝐀𝐑𝐂𝒄𝒍𝒐𝒖𝒅), clear-clean sky (∆𝐀𝐑𝐂𝒄𝒍𝒆𝒂𝒓,𝒄𝒍𝒆𝒂𝒏), 906 
downward sensible heat flux(∆(−𝑺𝑯)) for (a) fast responses in the BC case, (b) slow responses in the BC case, (c) fast 907 
responses in the SUL case, and (d) slow responses in the SUL case. All items are shown in equivalent precipitation units 908 
of mm d-1. 909 
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 914 

 915 

Figure 6. ECHAM6-HAM2 simulated multi-annual (left column) total, (middle column) fast, and (right column) slow 916 
responses of zonally averaged (a, b, c) temperature, (d, e, f) vertical pressure velocity, and (g, h, i) specific humidity in 917 
response to 10 times BC emission. Blue colours indicate large-scale ascent, and red colours indicate large-scale descent 918 
in d-f. 919 

 920 

  921 



 32 

 922 

 923 
 924 

 925 

 926 

Figure 7. ECHAM6-HAM2 simulated multi-annual (left column) total, (middle column) fast, and (right column) slow 927 
responses of zonally averaged (a, b, c) temperature, (d, e, f) vertical pressure velocity, and (g, h, i) specific humidity in 928 
response to 5 times SUL emission. Blue colour indicates large-scale ascent, and red colour indicates large-scale descent 929 
in d-f.  930 

 931 

 932 
 933 


