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Abstract. Understanding what controls the water vapor isotopic caitipm of the sub-cloud layer (SCL) over tropical oceans
(6 Dy) is a first step towards understanding the water vapor igotapmposition everywhere in the troposphere. We propose
an analytical model to prediétD, motivated by the hypothesis that the altitude from whichftee tropospheric air originates
(zorig) is @an important factor: when the air mixing into the SCL iwéw in altitude, it is generally moister, and thus it depdete
more efficiently the SCL. We extend previous simple box medélthe SCL by prescribing the shapeddd vertical profiles
as a function of humidity profiles and by accounting for raraoration and horizontal advection effects. The modésein
the assumption thatD profiles are steeper than mixing lines, and that the SCL isatly state, restricting its applications to
time scales longer than daily. In the mod#l), is expressed as a function &f.;,, humidity and temperature profiles, surface
conditions, a parameter describing the steepness afitheertical gradient and a few parameters describing rain@wzdion
and horizontal advection effects. We show that, does not depend on the intensity of entrainment, in contoaseveral
previous studies that had hoped thal, measurements could help estimate this quantity.

Based on an isotope-enabled general circulation modellation, we show thabd D, variations are mainly controlled by
mid-tropospheric depletion and rain evaporation in asicgnoegions, and by sea surface temperaturezgpg in subsiding
regions. In turn, could D, measurements help estimatg;, and thus discriminate between different mixing procesfes?
such isotope-based estimateszgf;, to be useful, we would need a precision of a few hundred métedsep convective
regions and smaller than 20 m in stratocumulus regions. dchréhis target, we would need daily measuremenédbin the
mid-troposphere and accurate measuremenédgf(accuracy down to 0.1 %o in the case of stratocumulus cloutig;hnis
currently difficult to obtain). We would also need infornmation the horizontal distribution @fD to account for horizontal
advection effects, and fullD profiles to quantify the uncertainty associated with theiassd shape foé D profiles. Finally,
rain evaporation is an issue in all regimes, even in straitus clouds. Innovative techniques would need to be dpeeldo
quantify this effect from observations.
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1 Introduction
1.1 What controls the water vapor isotopic composition?

The water vapor isotopic composition (edd? = (R/Rsyow — 1) x 1000 expressed in %o, wher& is the D/H ratio and
SMOW is the Standard Mean Ocean Water reference) has beam $hde sensitive to a wide range of atmospheric pro-
cesses (Galewsky et al., 2016), such as continental raegy¢Balati et al., 1979; Risi et al., 2013), unsaturated divaifits
(Risi et al., 2008, 2010a), rain evaporation (Worden et2lQ7; Field et al., 2010), the degree of organization of eation
(Lawrence et al., 2004; Tremoy et al., 2014), the conveat®eth (Lacour et al., 2017b), the proportion of precipitatihat
occurs as convective or large-scale precipitation (Le& e2809; Kurita, 2013; Aggarwal et al., 2016), vertical 1nig in

the lower troposphere (Benetti et al., 2015; Galewsky, 2003, mid-troposphere (Risi et al., 2012b) or upper-trppese
(Galewsky and Samuels-Crow, 2014), convective detrainiihoyer et al., 1996; Webster and Heymsfield, 2003), ice micr
physics (Bolot et al., 2013). It is therefore very challemggio quantitatively understand what controls the isotapimposition

of water vapor.

A first step towards this goal is to understand what conth@siater vapor isotopic composition in the sub-cloud |ag&1()
of tropical (30°'S-3C0°N) oceans. Indeed, this water vapor is an important sourésteming air masses traveling to land regions
(Gimeno et al., 2010; Ent and Savenije, 2013) and towardsehiigtitudes (Ciais et al., 1995; Delaygue et al., 2000%. éiso
ultimately the only source of water vapor in the tropicakfteoposphere, since water vapor in the free troposphedreaiély
originates from convective detrainment (Sherwood, 1986} convection ultimately feeds from the SCL air (Bony et al.
2008). Therefore, the water vapor isotopic compositiom@$CL of tropical oceans serves as initial conditions tceustdnd
the isotopic composition in land waters and in the tropospheater vapor everywhere on Earth. We focus here on the SCL
because, by definition, there is no complication by clouddemsation processes.

The goal of this paper is thus to propose a simple analytipaéton that allows us to understand and quantify the factor
controlling thed D in the water vapor in the SCL of tropical oceans. So far, thetnflamous analytical equation for this
purpose has been the closure equation developed by Matidaiouzel (1979) (MJ79). This closure equation can beektkriv
by assuming that all the water vapor in the SCL air origin&tes surface evaporation. The water balance of the SCL can be
closed by assuming a mass export at the SCL top (e.g. by diveecass fluxes) and a totally dry entrainment into the SCL
to compensate this mass export. The MJ79 equation has pvevediseful to capture the sensitivity &0 and second-order
parameter d-excess to sea-surface conditions Merlivalanzel (1979); Ciais et al. (1995); Risi et al. (2010d). Hesvethe
6D calculated from this equation suffers from a high bias irpital regions Jouzel and Koster (1996). This bias can be
explained by the neglect of vertical mixing between the S@H air entrained from the free troposphere (FT). The MJ79
equation can better reproduce surface water vapor obgerwahen extended to take into account this mixing (Benéti.e
(2015), hereafter B15). This extension requires to knowsfiexific humidity ¢) and water vapod D of the entrained air. To
get these values, they assume that the air entrained intmthedary layer comes from a constant altitude. Howeves,dbes
not reflect the complexity of entrainment and mixing proessa marine boundary layers.
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1.2 Entrainment and mixing mechanisms

Figure 1 summarizes our knowledge about these entrainmeninéing processes. In stratocumulus regions, cloudshéme t
and the inversion is just above the lifting condensatiorll€¢kCL). Air is entrained from the FT by cloud-top entrainnte
driven by radiative cooling or wind shear instabilities (Médo, 2017), possibly amplified by evaporative cooling adplets
(Lozar and Mellado, 2015). Both Direct Numerical SimulasgMellado, 2017) and observations of tracers (Faloonh,et a
2005) and cloud holes (Gerber et al., 2005) show that airtisigred from a thin layer above the inversion, thinner tham8
and as small as 5 m. The boundary layer itself is animated Hyafs, downdrafts and associated turbulent shells thiagbr
air from the cloud layer downward (Brient et al., 2019; Da@nal., 2017).

In trade-wind cumulus regions, the cloudy layer is a bit @ge@bservational studies and large-eddy simulations have
pointed out the important role of thin subsiding shells asaumulus clouds, driven by cloud-top radiative coolingxing
and evaporative cooling of droplets (Jonas, 1990; Rodtk,e2@03; Heus and Jonker, 2008; Heus et al., 2009; Park,et al.
2016). This brings air from the cloudy layer to the SCL. Sdhgj shells may also cover overshooting plumes of the cusnulu
clouds, entraining FT air into the cloud layer (Heus and &onk008).

In deep convective regions, unsaturated downdrafts dhiyemin evaporation (Zipser, 1977) are known to contribigai&
icantly to the energy budget of the SCL (Emanuel et al., 199dge-eddy simulations show that subsiding shells, sintd
those documented in shallow convection, also exist aroee@ donvective clouds (Glenn and Krueger, 2014). In the-clea
environment between clouds, turbulent entrainment ikd2GL may also play a significant role (Thayer-Calder and B#nd
2015).

Therefore, whatever the cloud regime, air entering the SGinfabove may originate either from the cloud layer or from th
free troposphere, depending on the mixing mechanism. Tareren this paper in contrast with B15, we let the altitudenf
which the air originates;,,;4, be variable. We do not call it “entrained” air because enin@nt sometimes refer to mixing
processes through an interface (e.g. De Rooy et al., 20MnD& al., 2017), whereas air in the SCL may also enter tjinou
deep, coherent and penetrative structures such as unisdtdmavndrafts. We do not call it FT air either, since it maigioate

from the cloudy layer.
1.3 Goal of the article

To acknowledge the diversity and complexity of mixing meubkms, we extend the B15 framework in several ways. First, we
assume that we know the shapejdf profiles as a function of. Second, we write the specific humidity of the air origingtin
from above the SCL as a function &f,;,. Third, we account for rain evaporation and horizontal ee

While B15 focused on observations during a field campaign, la@ a&pply the extended equation to global outputs of an
isotope-enabled general circulation model, with the aiquantify the different factors controlling thieD variability in the
Tropics. The variable,;, will emerge as an important factor. Therefore, we discusgtissibility that D measurements at
the near surface and through the lower FT could help estimafg and thus the mixing processes between the SCL and the
air above.
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Figure 1. Schematics showing the different types of clouds and mixing procassefunction of the large-scale circulation.

Note that we focus odD only. Results fors'#0O are similar. We do not aim at capturing the second-orderrpeter d-
excess, because our model requires some knowledge abeutdp®spheric vertical profiles of isotopic composition.il&h
4D is known to decrease with altitude (Ehhalt, 1974; Ehhalt.e2805; Sodemann et al., 2017), vertical profiles of d-exce
are more diverse and less well understood (Sodemann e0alrf)Y2 In addition, the need for an extension of MJ79 is more
needed fow D than for d-excess, since the effect of convective mixingrgeér ond D than on d-excess (Risi et al., 2010d;
Benetti et al., 2014).

2 Theoretical framework

2.1 Box model and budget equations

Building on Benetti et al. (2014) and B15, we consider a sarpx representing the SCL (Fig. 2). We assume that the air
comes from abovel() and from the incoming large-scale horizontal advectibg(), and is exported through the SCL top
(N, e.g. turbulent mixing or convective mass flux) and by outgdarge-scale horizontal advectioR,(, ...). \We assume
that the SCL is at steady state. For example, its depth istaonsSince the SCL properties may exhibit a diurnal cycle
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(Duynkerke et al., 2004), this hypothesis restricts thdiegjon of this model to time scales longer than daily. Tiren@ass
budget of the SCL thus writes:

M + Fad'u =N+ Fadv,out (1)

These fluxes also transport water vapor and isotopes. Iti@adsurface evaporatiof and rain evaporatioft,,q, import
water vapor and isotopes (Fig. 2).

Hereafter, to simplify equations, we use the isotopic r&imstead of D.

The SCL is usually well-mixed (Betts and Ridgway, 1989; 8tey 2006; De Roode et al., 2016). We thus assume that the
humidity and isotopic properties are constant verticailg &orizontally in the SCL. They are noteg, ( Ry). The humidity
and isotopic properties of the mass flux explrare thus alsog, Ro). The properties of the flux/ are notedd,rig, Rorig)-
The properties of the incoming air by horizontal advectioa @oted §.4.,, Ra4v)- FOr simplicity we neglect here the effect
of horizontal gradients in humidity (i.€.4, = q0), @ssuming that the main effect of horizontal advectiord by arises from
horizontal gradients inD. Appendix C explains howg,4, can be calculated. At steady state, the water budget of thhe SC

writes:

M'qorig+E+Fevap+Fadv'q0 = (N+Fadv7out)'q0 (2)

This model is consistent with SCL water budgets that haweadly been derived in previous studies (Bretherton et #5119
except that we consider steady state. This equation canmddor ¢:

E+ Fevap

M 3

4o = Yorig +

The SCL humidityy is thus sensitive td/, justifying that it can be used to estimate the mixing iniigne the “entrainment
velocity” w, = M/ po (p being the air volumic mass) (Bretherton et al., 1995).
At steady state, the water isotope budget of the SCL writes:

M - Qorig * Rorig +FE-Rp+ Fevap : Revap + Faav - qo - Radgo = (N + Fadv,out) “qo - Ro (4)

where R is the isotopic composition of the surface evaporations lassumed to follow the Craig and Gordon (1965)

equation:

Roce/aeq - hO : RO

RE: OéK~(1—h0)

®)
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where R,.. is the isotopic ratio in the surface ocean water, is the equilibrium fractionation calculated at the ocean
surface temperature (SST) (Majoube, 197y, is the kinetic fractionation coefficient (MJ79) anhg is the relative humid-
ity normalized at the SSTh{ = qo/qs(SST, Py) wheregq, is the saturation specific humidity at SST aRglis the surface
pressure).

We write the isotopic composition of the rain evaporati@g, ., as:

Revap = Qeyap * RO

wherea..qp is an effective fractionation coefficient. For example,nbplets are formed near the cloud base, some of them
precipitate and evaporate totally into the SCL (e.qg. in pegeipitating shallow cumulus clouds), thepn,., = a(Teoudbase)-

In contrast, if droplets are formed in deep convective uftslgftter total condensation of the SCL vapor, and then a el
fraction of the rain is evaporated into a very dry SCL, thep,, = 1/a(Tscr)/ax (Stewart, 1975).

We noten = F.,,,/E the ratio of water vapor coming from rain evaporation to tfegurface evaporation, antl= Fg, -
qadv/E the ratio of water vapor coming from horizontal advectiorttiat coming from surface evaporation. We ngte-
Ra.4v/ Ro the ratio of isotopic ratios of horizontal advection to thathe SCL.

Note that in all our equations, we assume that temperatutdamidity profiles and all basic surface meteorological-var
ables are known. We attempt to express neifhieas a function ofyy as in B15, nor the profile as a function ofy,. Our
ultimate goal is to assess the added valu&éldfassuming that meteorological measurements are alreatigelyudone.

By combining all these equations, we get:

(1 - rom’g) : Roce/aeq + K - (1 - hO) : rorig : (1 + 77) : Rorig
(1 =7orig) ~ho+ak - (1 —ho) - (L+n+ (1 —ropig) - (¢ (1 =) =1 Cevap)

wherer,,;q = ¢orig/qo i the proportion of the water vapor in the SCL that origisdtem above.

Ry = (6)

An intriguing aspect of this equation is that the sensiitdt A/ disappears. In contrastig, Ry is nhot sensitive td//. There-
fore, it appears illusory to promise that water vapor ismaopeasurements could help constrain the entrainment it lbat
many studies have striven to estimate (Nicholls and Turt®886; Khalsa, 1993; Wang and Albrecht, 1994; Brethertom.et a
1995; Faloona et al., 2005; Gerber et al., 2005, 2013). Teledasensitivity of Ry to M is explained physically by the fact
that for a giveryy andg,i4, if M increases, thei + F.,,, increases in the same proportion to maintain the water balan
Therefore, the relative proportion of the water vapor araging from surface and rain evaporation to that coming fatove,
to which Ry is sensitive, remains constant. Rather, sipe@d R vary with altitude, R is sensitive to the altitude from which
the air originates.
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Figure 2. Schematics showing the simple box model on which the theoretical frarkésvbased, and illustrating the main notations.

2.2 Closure if D profile follows a Rayleigh distillation line

Eq. (6) requires to know,,;, andR,,;,. B15 take these values from GCM outputs at 700 hPa. In cdantree we acknowledge
the diversity and complexity of mixing mechanisms by kegpime possibility to take,,.;; and R,,;, at a variable altitude
Zorig-

If the goal is to prediciR, from z,,.;, , we can apply Eq. (6) if we know thgandd D vertical profiles. Conversely, if the
goal is to predict,,;, from Ry, we can numerically solve Eq. (6) if we know theand D vertical profiles. No analytical
solution exists in the general case, but a numerical soluttm be searched foy,.;, based on Eq. (6). However, the existence
and unicity of the solution is not warranted for all kinds obfiles (e.g. Appendix A).

In practice, full isotopic profiles are costly to measureadtdition, our goal is to develop an analytical model. Thamfin
the following we simplify the problem by assuming that thetieal profile of R follows a known relationship as a function of
q. Measured vertical profiles @fD are usually bounded by two curves when plotted i, D) diagram (Sodemann et al.,
2017): Rayleigh distillation curve and mixing line.
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First, we explore the case of a Rayleigh distillation cuibar{sgaard, 1964), as in Galewsky and Rabanus (2016):

Rom’g = RO . Taﬂff*l (7)

orig

wherea. ¢ is an effective fractionation coefficient. Typicallydecreases with altitude, g9 also decreases with altitude.
However, in observations and models, vertical profiledatan be very diverse (Bony et al., 2008; Sodemann et al., 2017)
The water vapor may be more (Worden et al., 2007) or less (Bade et al., 2017) depleted than predicted by Rayleigh curve
using a realistic fractionation factor that depends onllteraperature. Therefore, here we det; ; be a free parameter larger
than 1. Rather than assuming a true Rayleigh curve, we siagdyme thakk andgq are logarithmically related. Effects of
horizontal advection and rain evaporation on tropospl@oéles are encapsulated iniQ .

Injecting Eq. (7) into Eq. (6), we get:

Roce 1
Ry = : (8)

_pYeff

h0+aK'(1—h0)' ((1+TI)'%_n'aeuap“'d)'(l_ﬁ))

1=7orig

A simpler form can be found if neglecting horizontal advectand rain evaporation effects £ n = 0):

ROC@ 1
Ry = = — ©)
U ho+ag- (1 ho) - g

As a consistency check, in the limit case where the air corfimg above is totally dry,,,, = 0), Eq. (9) becomes the
MJ79 equation:

ROC(Z 1

Ry = :
0 Qg hO +ag - (1 - hO)

(10)

Equation (8) tells us that whenewer;; > 1, R, decreases as,;, increases (Fig. 3 red), i.e. as.,;, is moister. Therefore,
R, decreases as,.;, is lower in altitude. This result may be counter-intuitibeit can be physically interpreted as follows. If
Zorig 1S high, mixing brings air with very depleted water vapor simce the air is dry, the depleting effect is small. In casty
if zorig is low, mixing brings air with water vapor that is not very dipd, but since the air is moist, the depleting effect is
large (Fig. 4a).

Figure 3 (red) shows that the range of possiblevalues is restricted to -70 %o to -85 %o. This explains why in qoant
conditions near the sea level in tropical ocean locatidreswater vapod D varies little (Benetti et al. (2014), F. Vimeux pers.
R;oc; : hn+aK-(11—ho)-acff (L'Hopital's
rule was used to calculate this limit). This lower bound isstdepleted compared to the more depleted water vaponeusier

comm.). In the limit case wherg,,, — 1 (i.e. the air comes from the SCL topg}y —

regions of deep convection (e.g. Lawrence et al., 2002; enve et al., 2004; Kurita, 2013). This is because whgp — 1,
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the water vapor coming from above has a composition veryedoghat of the SCL, so the depleting effect is limited. In
addition, surface evaporation strongly damps the degedffect of mixing. Only rain evaporation or liquid-vaporalanges
(Lawrence et al., 2004; Worden et al., 2007) can furthereisaR, (Appendix B).

Figure 3 (green) shows that the sensitivitycigy ¢ is relatively small but cannot be neglected. Thereforedipting Dg
requires to have some knowledge about the steepness ofdtfopics profiles in the FT. Rain evaporation and horizontal
advection can have either an enriching or depleting eftedtdo not qualitatively change the results (Fig. 3 purpie lblue).

Now we consider the case of a mixing line. Detailed calcatain Appendix A show that the sensitivity tQ,.;, is lost.

An infinity of FT end members can lead to the safde, when mixed with the surface evaporation, as illustratedign #b
and analytically demonstrated in Appendix A. Our main ress(rhore depletedD, asr,;, increases, restricted rangeddd,
variations, relationship with,,;;) hold only foré D profiles that are steeper than a mixing line. This is the caisprbfiles that
are intermediate between a Rayleigh and a mixing line, asually the case in nature (Sodemann et al., 2017) or in a gener
circulation model (Appendix D1).

3 Model simulations, observations and methods
3.1 LMDZ simulations

We use an isotope-enabled general circulation model (GGM)aboratory to test our hypotheses and investigate whatie
the isotopic composition. We use the LMDZ5A version of LMDOZboratoire de Météorologie Dynamique Zoom), which is
the atmospheric component of the IPSL-CM5A coupled modefi@ne et al., 2012) that took part in CMIP5 (Coupled Model
Intercomparison Project, Taylor et al. (2012)). This wvemsis very close to LMDZ4 (Hourdin et al., 2006). Water isaep
are implemented the same way as in its predecessor LMDZ4dRat, 2010c). We use 4 years (2009-2012) of an AMIP
(Atmospheric Model Intercomparison Project)-type sintiola(Gates, 1992) that was initialized in 1977. The windsrardged
towards ERA-40 reanalyses (Uppala et al., 2005) to ensurera mealistic simulation. Such a simulation has alreadyhbee
described and extensively validated for isotopic varialmeboth precipitation and water vapor (Risi et al., 201@4,2x). The
ocean surface watéD,,.. is assumed constant and set to 4 %.. The resolution fsi atitude x 3.75 in longitude, with 39
vertical levels. Over the ocean, the first layer extends upten, and a typical SCL extending up to 600 m is resolved by 6
layers. Around 2500 m, a typical altitude for the inversiontfade-wind cumulus clouds, the resolution is about 500 m.

For our calculations, we only use tropical grid boxes°@@0O'N) over tropical oceans (>80% ocean fraction in the grid
box). In addition, to avoid numerical problems when estingaeffect of horizontal advection and rain evaporatiorly arid
boxes and days wheié > 0.5 mm/d are considered. This represents 99.7% of all tropicahoic grid boxes.

Specific diagnostics for horizontal advection and rain evagon are detailed in Appendix B and C.
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3.2 STRASSE observations

We also apply our theoretical framework to observationsnduthe STRASSE (subtropical Atlantic surface salinity exp
iment) cruise that took place in the Northern subtropicaascin August and September 2012 (Benetti et al., 2014). This
campaign accumulates several advantages that are impfatanir analysis: (1) continuousD, measurements in the surface
water vapor (17m) at a high temporal frequency during onetm@enetti et al., 2014, 2015, 2017b), (2) associated serfa
meteorological measurements, including SST apd(3) 22 radio-soundings relatively well distributed ovhe tcampaign
period and providing vertical profiles of altitude, temgara, relative humidity and pressure, (4) ocean surfacenéd,...
measurements (Benetti et al., 2017a), (5) a variety of ¢immdi ranging from quiescent weather to convective cool;j (6)

on many vertical profiles, a well defined temperature inegrsillows to calculate the inversion altitude.

We used Dy measurements on a 15-minute time step. The measurementgan wvater were interpolated on the same
time steps using a Gaussian filter with a width of 3 days. Th@raoundings are used together with all water vapor isotop
measurements that are within 30 minutes of the radio-sagndunch. Only profiles during the ascending phase of the bal
loon are considered, because the descent phase is ofteeddaaaway from the initial launch point (McGrath et al. 080
Seidel et al., 2011).

3.3 Estimating the altitude from which the air originates

Here we explain how,,;, is estimated based on LMDZ outputs. First, we assume thaj tvel 6D at 500 hPady, dDy)
belong to a Rayleigh distillation line starting from thefaure with effective fractionation. s s:

In(Ry/Ro)
In(qr/q0)
In a real field campaign, this assumption means that we dogeat to measure the full vertical profile &P, but onlydD

Qepp =1+

at a given free tropospheric altitude (e.g. 500 hPa).

We checked that results are similar when defining the end reeatld00 hPa rather than 500 hPa. However, the end member
should be defined above 500 hPa to ensure that it is well atmwedary layer processes. If the end member is defined below
500 hPa (e.g. 600 hPa), there are a few cases wtiaceeases with altitude;¢ > go) due to horizontal advection or convective
detrainment from nearby moister regions; meanwbhile decreases monotonically, leading to unrealistic valueafo;.

Secondy,,;, is estimated based on Eq. (9), usag f, teq, @i, 6 Doce, ho andd Dy simulated by LMDZ.

Third, the altitudez,,;, is estimated fronr,,.;,. Using theg vertical profile, we findz,,.;, S0 thatg(zorig) = Torig - g0 (FigQ.

5, red).

When estimating,,;, from observations, we follow the same methodology excegitithabsence of measurements dor
andoDy we assume a constant s, = 1.07 based on LMDZ simulation, and that,, ax , 0 Doce, ho anddDy come from
surface observations.

Note thatr,.;; and z..;, are not direct diagnostics from the simulation, but rathgosteriori estimates to match the
simulatedyDy. Therefore, if assumptions underlying Eq. (9) are violathdn the estimate of,,.;,, and subsequently,, 4,

12
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Figure 5. Schematics illustrating the typical structure of tropical marine boundaey$ay he sub-cloud layer (SCL) extends from the surface
to the lifting condensation level (LCL) and the cloud layer extends from @le o the inversion £;). EIS stands for the estimated inversion
strength. Left: shape of the vertical profiledr{black) andgs (green). Right: shape of the vertical profile in potential temperatuirespired

by Wood and Bretherton (2006). The LCkorig , Zorig,r,.;,=0.6 @Ndz; altitudes defined in section 3.4 are indicated.

will be biased. The estimate of,.;, encapsulates the effect of mixing processes, but alsola&r @rocesses that have been
neglected in our theoretical framework, such as tempor&tians in SCL depthg, or 6 Dy or vertical variations ofyy or 6 Dg
within the SCL.

3.4 Boundary layer structure diagnostics

Figure 5 illustrates the structure of a typical tropical marboundary layer covered by stratocumulus or cumulusdslou
(Betts and Ridgway, 1989; Wood, 2012; Wood and Brethert@042 Neggers et al., 2006; Stevens, 2006). The cloud base
corresponds to the lifting condensation level (LCL). Belmathe well-mixed SCL. Above is the cloud layer, topped by a
temperature inversion. Above the inversion is the FT.

The LCL is calculated as the altitude at which the specificiditynnear the surface equals the specific humidity at stitura
of a parcel that is lifted following a dry adiabat (Fig. 5).

The temperature inversion is an abrupt increase in tempertiat caps the boundary layer. Therefore, a method toreatto
ically estimate its altitude; is to detect a maximum in the vertical gradient of potengahperature (Stull, 1988; Oke, 1988;
Sorbjan, 1989; Garratt, 1994, Siebert et al., 2000). Thihoweis sensitive to the resolution of vertical profiles (®ig et al.,
2000; Seidel et al., 2010). Therefore, we adapted this ndathorder to yieldz; values that best agree with what we would es-
timate from visual inspection of individual temperaturefiles. In LMDZ, we calculate; as the first level at which the vertical
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potential temperature gradient exceeds 3 times the mdiabatic lapse rate. In observations, we calcutatas the first level
at which the vertical potential temperature gradient edséetimes the moist-adiabatic lapse rate, because raditdsas are
noisier than simulated profiles.

Finally, we calculatez,,.;4(70rig = 0.6), wWhich is thez,,,, altitude if r,,;, iS set to 0.6. This usually coincides with the

altitude of strong humidity decrease near the inversiog.(b).
3.5 Averages and composites

All calculations are done on daily values for LMDZ, and onrhiute values for observations.

For LMDZ, when analyzing spatial and seasonal variabiigasonal averages are calculated at each grid box overatopi
oceans by averaging all days of all years that belong to eza$os. Seasons are defined as boreal winter (Decembemndanua
February), spring (March-April-May), summer (June-JAlygust) and fall (September-October-November). For fitatson
purpose, all maps are plotted for boreal winter. Standavihtiens are also calculated among all days of all years éohe
season.

The type of clouds and mixing processes depends stronglyeolatge-scale velocity at 500 hRas(y, map shown in Fig.
6a), with shallow clouds in subsiding regions and deepardddan ascending regions (Fig. 1). Therefore, it is converiie
plot variables as composites as a functiowgf, (Bony et al., 2004). To make such plots, we divide ¢hg, range from -30
to 50 hPa/d into intervals of 5 hPa/d. In each given intemwval average all seasonal-mean values at all locations ayacal
oceans for which seasonal-meagy, belongs to this interval (e.g. Fig. 8a will be an example)teNthat such composites are
done on seasonal-mea#gy, because cloud processes and their associated diabaiitghaa tied to the large-scale circulation
through energetic constrains (Yanai et al., 1973; Emartuadl,€1994) that are best valid at longer time scales, otisenvthe
energy storage term may become significant (e.g. Masunab8wami, 2017). This is whysqo is generally averaged over
a month or longer (e.g. Bony et al., 1997; Williams et al., Z0Bony et al., 2004; Wyant et al., 2006; Bony et al., 2013). In
addition, we primarily focus on understanding the seasandlspatial distribution of D.

The cloud cover strongly correlates with the inversionrsith, which can be quantified by the Estimated Inversiomgtie
(EIS, Wood and Bretherton, 2006) ( map shown in Fig. 6b) asasome of inversion strength. We thus also plot variables as
composites as a function of EIS. To make such plots, we difidéEIS range from -1 K to 9 K into intervals of 0.5K. In each
given interval, we average all seasonal-mean values aicatibns over tropical oceans for which seasonal-mean El$hgs
to this interval (e.g. Fig. 8b will be an example). Using seed-mean values is consistent with Wood and BrethertoB§p0

and with the better link at longer time scales between cloodgsses and the large-scale dynamical regime.
3.6 Decomposition method ford Dg

To understand what controls th®, spatio-temporal variationg D, is decomposed into 4 contributions based on Eq. (8). First,
we defineryrig bas = 0.3, et pas = 1.09, SST4qs=25 °C,ho pas = 0.7, Ppas =0, Npas = 0, Bras = 1 @Ndatepapbas = 1 as a
basic state. We callD_fync(Torig, Qesf, SST, ho, @, 8,1, devap) the function giving Dy as a function of 4,4, e r 5, SST,ho,

¢, B, 1 and aeyqp following EQq. (8), andd Do pas = 6 Do, func(Torig,bas> Qe f.bass S SThass Po,bas: Poas: Bbas: Moas: Cevap,bas)-
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Figure 6. Maps of winter-meawsoo (&) and EIS (b) simulated by LMDZ.

The relative contribution Oforig to 5D0 is estimated a&DO,func (Toriga Qeffbass SSTbas; hO,basa stas ) ﬁbas y Tbas s aevap,bas) -
0Dg pas. Similarly, the contributions otv. s, SST,hy, ¢ andn are todD, are estimated as detailed in Table 1. All the
contributions have the same unitssd3, (%0). The sum of these components yields a quantity that isslese to the simulated

0Dy, which confirms the validity of this linear decompositiorhése components and their sum can be plotted as maps: Fig. 7

provides an example.

The relative contributions of each of these componentseté Ehvariability are quantified by performing a linear regressio
of each of the components as a functionydfy. If the correlation coefficient is significant for a given fa then the slope
guantifies the contribution of this factor to the varialildf 6 Dy. The sum of all contributions may not always be 1 due to
non-linearity. Such a method has already been applied viqure studies (e.g. Risi et al., 2010b; Oueslati et al., 20I6e
contributions to the seasonal-spatial variabilityy@f, can be quantified by performing the regression among altitmesand
seasons. The contributions to the daily variabilityydf, can be quantified by performing the regression among all dags

given season at a given location.
3.7 Decomposition method forr,,.;4

To understand what controlsg,,, a similar method as for the decompositioryd?, can be applied. We can writg,.;, as:

Y.aq.(T ) T VP .
oy = 2 0T o) + 6T ) Pl an

whereT(zm-g) + 0T (20rig) = T (2orig) IS the temperature at altitudg, 4, T is the tropical-ocean-mean temperature pro-
files, h(zorig) @and P(zorig) are the relative humidity and pressurezgt;y, and 7 (z.ri4) is the temperature perturbation
compared td’. Therefore, the variability of,,.;, is decomposed into the effect of 4 factogs; 2orig, h(zorig) ANAST (20rig)-

In practicer,,;, andz,,;, are calculated following section 3.3, then Eq. (11) is agpli

15



10

15

Contribution Calculation Physical meaning

Torig 0Do, func(Torigs Cef fbas, SSThas, Robas, Pbas, Boas, Mbas, Xevap,bas) — 0D0,bas Altitude from which the air
originates
Qeff Do, func(Torig,bass QeffsSSThas,ho,bass Poass Boass Mbass Xevap,bas) — 0 D0 bas Steepness of th&D
vertical gradient in the FT
SST 0D0, func(Torig,bas, Qef f bas, ST, hobas, Pbass Bbas, Mbas, Aevap,basic) — 0D0,bas SST
ho 0D0, func(Torig,bass et fbass 99 Thas, 0s Poas, Bbass Mbas, Aevap,bas) — 000, bas ho
¢ 3Do, punc(Torig,bas, Qe f.bas, SSThas, ho,bass Bs BsMbass Aevap,bas) — Do bas Horizontal advection
through horizontab D
gradients
n 0Do, func(Torig,bass Qe f £ bass SSThass Robas, Pbas, Bbas, My Cevap) — 0D0 bas Rain evaporation in the
SCL

Table 1. Equations to calculate the relative contributionsrefis, cers, SST, ho, ¢ andn to 6 Do, and the physical meaning of these
contributions.

4 Results from LMDZ
4.1 Decomposition 0¥ Dy variability

The spatial variations afDy simulated by LMDZ (Fig. 7a) are characterized by depletddesnear mid-latitudes and in dry
subsiding regions (e.g. off the coast of Peru and over ottgions of oceanic upwelling) and regions of atmospheripdee
convection (e.g. Maritime Continent). Consistendl§), values exhibit a maximum for weakly ascending or subsidaggans:
0 Dg decreases with increasing vertical velocity of both sidfig.(8a black)y D, decreases as EIS increases reflecting more
stable, subsiding conditions (Fig. 8b black). This patisroonsistent with previous studies (e.g. Good et al., 2088) the
first time, we propose a theoretical framework to interpnet pattern, decomposing it into 6 contributions;;,, e, SST,
ho, rain evaporation and horizontal advection effects (saci.6). We check that the reconstructdd, from the sum of its 4
contributions is very similar to the simulated, (Fig. 7b, 8 dashed black).

In ascending regions, the main contribution explainingrtiere depleted D, in deep convective regions is that @f s
(Fig. 7d, 8a red)a. s is higher in more ascending regions (Fig. D1d). This meaatttie main factor depletingD, in deep
convective regions is the fact that the mid-tropospherederdepleted. This leads to a steeper gradient (highgr), and thus
a more efficient depletion by vertical mixing. This is comeig with deep convection depleting the water vapor mostiefftly
in the mid-troposphere (Bony et al., 2008). The second mantribution is that associated with,;, (Fig. 7c, 8a green):,,4
is larger in deep convective regions (as explained in sectid).

In subsidence regions, the main factor explaining the memetedd D, as subsidence is stronger, or as EIS increases, is
the cold SST (Fig. 7e, 8a pink), leading to largey, and to a lesser extent the diy (Fig. 7f, 8a purple). The contribution of
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Torig 1S @S0 @ significant contribution to the depletionydd, in the cold upwelling regions, for example off Peru or Naraibi
(Fig. 7c). The shallower boundary layer there are assatiaiih higherr,.;,.

The contribution of rain evaporation afD, is minor compared to other contributions, except in the dsteponvective
regions (Fig. 7g). Rain evaporation has a slightly deptgéffiect in regions of strong deep convection and a slighihjching
effect in regions of moderate deep convection. When theifradf raindrops that evaporate is small, isotopic fraciioom
favors evaporation of the lighter isotopologues. Therefarconvective, moist regions, rain evaporation has a tiegleffect
on the SCL (Worden et al., 2007). In contrast, in drier regjogain evaporates almost totally. The evaporation flux tras
almost the same composition as the initial rain, which iseverriched than the water vapor.

The contribution of horizontal advection tD, is significant only where isotopic gradients are the largEgj. C1h).
Horizontal advection has slightly enriching in deep cotivecregions and depleting in coastal regions (e.g. off thasts
of California, Peru, Mauritania, Namibia, India and Auita For example, the Saharan layer in front of the Northsi&mn
African Coast leads to a strong effect of horizontal adwec{Lacour et al., 2017a).

From a quantitative point of view, we can decomposeithig seasonal-spatial variations into these different effgsestion
3.6). In regions of large-scale ascemi, ¢ is the main factor explaining theD, seasonal-spatial variations (33 %), followed
rain evaporation (20 %) and,.;, (19 %) and (Table 2). In regions of large-scale descent, S8Teimain factor explaining the
seasonal-spatial variations (54 %), followedsy;, (29 %) ho (13 %), ando. ¢ (10 %) (Table 2). Note that the contribution
of 7,4 Would be similar if we neglect rain evaporation and horiabatvection effects (Table 2).

The decomposition method can also be applied to decompesait variability at the daily time scale at each location
and for each season (Table 3). On average, in ascendingseglig;, is the main factor (52 %), followed by rain evaporation
(48 %) ando. s (35 %). In subsiding regions, the effect of SST is muted dutstslow variability, and-,,.;, (82 %) becomes
the main factor.

Overall, the results highlight the importancergf;, as one of the main factors controlling the spatio-tempaa&bbility of
0 Dy.

4.2 Decomposition ofr,,.;4 variability

Given the importance aof,,;, in controlling thed D, variations, we now decomposg,;, into its 4 contributionsyg, Zorig,
horig @and 01,4 (section 3.6). Spatiallyy,,;, is maximum in regions of strong large-scale ascent (Fig) $0ah as the
Maritime continent (Fig. 9a), and in very stable regiongy(HiOb) such as upwelling regions (Fig. 10a). We check that th
reconstructeda,,,;, from the sum of its 4 contributions is very similar to the slatedr,,;, (Fig. 9b, 10 dashed black).

In regions of strong large-scale asceft,, is larger mainly becausk,., is larger (Fig. 9e, 10a pink). This is because the
moister the FT, the higher the contribution of vapor comirant above to the vapor of the SCL, and thus the higher,
and the more depleted),. This mechanism through which a moister FT leads to a morketégf D is consistent with that
argued in B15z,,;, damps this effect: when convection is stronger and the FBt@iconvection is also deeper, so the air
originates from higher altitudes where the air is drier.
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Figure 7. (a) Map of winter-mean D, simulated by LMDZ. (b) Map of winter-meafD, reconstructed as the sum of the 4 contributions.
Tropical-mearn Dy was added to compare with a on the same color scale. (c) Map of the ediotmibfr,,;, on winter-mear D, calculated
from Eq. (9) (see section 3.6). (d) Same as (b) butfgty varies. (e) Same as (b) but for SST. (f) Same as (b) butfor
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Figure 8. Composites as a function afoo (a) and of EIS (b) of the seasonal averageéof simulated by LMDZ over all tropical ocean
locations (black). Same for the sum of the contributions (black dashedoareach individual contribution t6Dy: .4 varies (green),
acyy (dark red), SST (pink)ho (purple), rain evaporation (dashed brown) and horizontal adve@di@shed blue). the tropical meéaw,

was added to each contribution to plot on the same scale as siméilagedhe number of samples in each bin is indicated on a logarithmic

scale on the right-hand-side (dotted black line).
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Regime Ascending Subsiding

Correlation coefficient| Slope | Correlation coefficient| Slope

Torig 0.59 0.19 0.52 0.29

Qefy 0.73 0.33 0.26 0.10

SST -0.23 -0.06 0.89 0.54

ho (0.06) (0.01) 0.28 0.13

Rain evaporation 0.67 0.20 -0.36 -0.05
Horizontal advection -0.26 -0.12 (0.10) (0.04)

Torig If Fain evaporation and 0.69 0.30 0.58 0.34

horizontal advection are neglected

Table 2. Decomposition of the spatial and seasonal variatio/3 into its 6 contributions: effect of, iy, aer s, SST,ho, rain evaporation
and horizontal advection. For each contribution, we show the correletiefficient of the linear regression of the contribution as a function
of § Dy. The analysis is done separately for ascending and subsiding rediihesasons and locations over tropical ocedts (V — 30°S,
ocean fraction>80 %, surface evaporation>0.5 mm/d) are condidérethreshold for the correlation coefficient to be statistically significant

at 99 % is 0.15 or lower in all cases. We write correlation coefficient bopks/alues between brackets when they are not significant at 99 %.

Regime Ascending Subsiding

Correlation coefficient| Slope | Correlation coefficient] Slope

Torig 0.46 0.52 0.42 0.82

Qefy 0.34 0.35 0.14 0.40

SST -0.12 -0.01 0.25 0.22

ho 0.06 0.26 0.15 0.39

Rain evaporation 0.49 0.48 0.19 0.20
Horizontal advection -0.26 -0.24 -0.15 -0.31

Table 3.As in Table 4 but at the daily scale. The correlation coefficients and skpesveraged over all seasons and locations over tropical
oceans30° N — 30°S, ocean fraction>80 %), separately for ascending and subsidingeegim
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Regime Ascending Subsiding
Correlation coefficient| Slope | Correlation coefficient| Slope
qo -0.82 -0.33 0.21 0.12
Zorig -0.91 -0.67 0.77 0.41
horig 0.98 1.82 0.53 0.96
0Torig 0.55 0.06 -0.37 -0.12

Table 4. Decomposition of the spatial-seasonal variatiomdn, into its 4 contributions: effect ofo, zorig, horig @NddTeiq Variations.
For each contribution, we show the correlation coefficient of the lingaession of the contribution as a functionsgf.;;. The analysis is
done separately for ascending and subsiding regimes. All seastfscations over tropical ocean30(° N — 30°S, ocean fraction>80 %)
are considered. The threshold for the correlation coefficient to bet&tallis significant is 0.15 or lower in all cases. We write correlation

coefficient and slope values between brackets when they are notcagh#it 99 %.

Regime Ascending Subsiding
Correlation coefficient| Slope | Correlation coefficient| Slope
qo -0.37 -0.04 -0.23 -0.07
Zorig 0.91 0.39 0.80 0.39
horig 0.58 0.78 0.58 1.18
0T orig -0.14 0.01 -0.23 -0.12

Table 5.As in Table 4 but at the daily scale. The correlation coefficients and skpesveraged over all seasons and locations over tropical

oceans0°N — 30°S, ocean fraction>80 %), separately for ascending and subsidingesgim

In very stable regions;,,.;, is larger becausg, is larger (Fig. 9c, 10b green), consistent with the drierditions in these
regions of large-scale descent. Note that this effect caebr only in most stable regions, but when considering biiding
regions, the contribution is small (Table 2),.;, is larger also becausg,, is lower in altitude (Fig. 9d, 10b red). As EIS
increases, the boundary layers are shallower, the air csoradower in altitudey,,.;, is higher and thué D, is more depleted.
This mechanism was not considered in B15 but our decomposstiows that it is a key mechanism driving.;, and thus
6Dy variations in stable regions.

Quantitatively, in ascending regions, the main factor auhing the seasonal-spatial variationsrig).;g is horig (182 %),
dampened by, (-67 %) (Table 4). In descending regions, the main factoiss &,,;, (96 %), followed byz,,;, (41 %)
(Table 4). At the daily scale, the same two factors dominfagevariability ofr,,.;4: horig @andz,,.;4 contribute to 78 % and
39 % ofr,,;, variations in average over ascending regions, and to 11888% in average over descending regions (Table

5).
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Figure 9. (a) Map of winter-meam,,.,, simulated by LMDZ. (b) Map of winter-mean,.;, reconstructed as the sum of the 4 contributions.
Tropical-mearnr,,;, was added to compare with a with the same color scale. (c) Map of wintenmg, calculated from Eq. (11) if only
qo varies (see section 3.6). (d) Same as (b) but of aply, varies. (e) Same as (b) but if only z.:4) varies. (f) Same as (b) but if only

0T orig Varies.

4.3 Estimating altitude zor4g

Estimated altitude,,,.;, is minimum in dry subsiding regions, especially in upweliregions (Fig. 11a, Fig. 12), corresponding
to regions with the strongest inversion (Fig. 11). This cdbnotes to the depletedD, in these regions.
As explained in 3.3, our estimate of,;, may be artificially biased due to the neglect of some prosesseur theoretical

5 framework. Ideally, to check whethey,.;, really physically represents the altitude from which theagiginates, additional
model experiments where water vapor from different levedstagged (Risi et al., 2010b) would be needed. While we leave
this for future work, we check whethey,.;, estimates are consistent with what we expect based on whahowe about
mixing processes in the marine boundary layers. We expatirttstratocumulus regions, air originates from a verylsha{a
few tens of meters) layer above the inversion, whereas tRngprocesses may be more diverse, and possibly deepez in th

10 FT, as the boundary layer deepens (Fig. 1).
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Figure 11.(a) Map of winter-mean,, estimated fromd D, simulated by LMDZ. (b) Same as (a) bu,;, that we would estimate if,,i4
was constant set to 0.6,,i4(70rig = 0.6). (C). Same as (a) but for; simulated from LMDZ. Only days when EIS>2 K are considered,
otherwisez; is difficult to estimate. (d) Same as (a) but for LCL simulated by LMDZ.

To check whether estimated,.;, is consistent with this picture, we compatg.iy t0 zorig(7orig = 0.6) (20rig that we
would estimate i3,,.;, was set constant to 0.6) ang(section 3.4), which are measures of the altitude of the dityndrop
and temperature inversion respectively. As expected frgm F they are minimum in dry upwelling regions, intermedia
in trade-wind regions, and maximum values in convectivéores) (Fig. 11c-d, 12 green, blue). Therefore, the g, in
upwelling regions reflects the logy. Consistently, in subsiding regions,.;, correlates well withe,.i4 ,,,,=0.6 (cOrrelation
coefficient of 0.52, statistically significant beyond 99 %b)we focus on very stable regions only (EIS>7 K),.;, correlates
well with both z,,4(7rig = 0.6) andz; (correlation coefficient of 0.58 and 0.52 respectivelytistigally significant beyond
99 %). The altitudez,,;, is a few meters above the inversion in stratocumulus reg@ams up to 1km above the inversion in
cumulus and deep convective regions (Fig. 12), consistightour expectations from Fig. 1. This lends support to thot flaat
at least in subsiding regions, our isotope-basggd, estimate effectively reflects the origin of air coming frobose.

In ascending regions, in contrast,.;, does not correlate significantly with,.;; (7., = 0.6) or z;. This may indicate either
that ourz,,;, estimate is biased by neglected processes such as rairratiappor that in deep convective regions, the origin
of FT air into the SCL is very diverse due to the variety of mixprocesses (1).

5 Results from observations

To check whether our results obtained with LMDZ are realjstie apply our methods to the measurements gathered during
the STRASSE campaign. For simplicity and in absence of akssary measurements, here we neglect the effects of rain

evaporation and horizontal advection.
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Contributions tayD, | Correlation coefficient| Slope
Torig 0.77 0.58
SST 0.57 0.16
ho 0.40 0.48

Table 6. Same as Table 2 but for the STRASSE observations. Linear regressmnalculated among 1977 data points.

Throughout the cruisé,D, shows a large variability, ranging from around -75 %o in quérg conditions to -120 %o during
the two convective conditions (Benetti et al., 2014) (Figa ed). Variability inr,,,;, is the major factor contributing to this
variability (58 %) (Fig. 13a green, Table 6). This cruciapiantance of mixing processes is consistent with B15.

During the two convective events, the estimated, saturates at 1 (Fig. 13b). This proves that;, estimated in these
conditions is biased high because it encapsulates the effaeglected processes, i.e. depletion by rain evapaeraiquation
(9) is not valid in this case. In addition, at the scale of a fesurs, the steady-state assumptions may be violated. Rain
evaporation may strongly deplete the SCL before surfacpaation has the time to play its dampening role, hence the
possibility to reach very low D, that cannot be predicted even when considering rain evapor@ppendix B).

During the rest of the cruise, the main factors controlling t,,;, variability arez,,;, (90 %) andh,.;; (70 %). The
importance of FT humidity in controlling,,.;, was already highlighted in B15. However, in their paperMigability in z.;4
was neglected, whereas it appears here as the main factor.

Through September, the cruise goes from a shallow boundgsr in early September to deeper boundary layers with
higher inversions, before reaching the convective commtiti(Fig. 13c). Consistently with this deepening boundayget, the
air originates from increasingly higher altitudes. Renadtl, there are 6 days whep,;, coincides withz; with a root means
square error of 31 %o and correlation coefficient of 0.996 (ERr). This indicates that the air exactly comes from therision
layer. When recalling that,,;, andz; are estimated from completely independent observatibes;dincidence is remarkable
and lends support to the fact that on these dayszguy estimate is physical. However, there remains 9 days wbgp is
much higher thar;. This may reflect more penetrative downdrafts as we apprdaeper convective regimes. But it may
also be an artifact of our neglect of horizontal advectioor. &ample, on these days which are characterized by lbwer
neglecting the advection of enriched water vapor from nesegjions with higher, could be mis-interpreted as lowey;;,
and thus highet,,; .

6 Discussion: what can we learn from water isotopes on mixingrocesses?

We have shown in the previous section that one of the mainfacontrollingd D at the seasonal-spatial and daily scale are
the proportion of the water vapor in the SCL that originatesnf above £,,,), and that one of the main factor controlling
Torig 1S the altitude from which the air originates.{;,). In turn, could we use water vapor isotopic measuremertgsristrain
Zorig? This would open the door to discriminating between difiéraixing processes at play (Fig. 1). Since mixing processes
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Contributions tar,,4, | Correlation coefficient| Slope
o -0.46 -1.49

Zorig 0.66 0.90

horig 0.81 0.70

8T orig -0.36 -0.91

Table 7. Same as Table 4 but for the STRASSE observations. Linear regressiercalculated among 55 data points, so that correlation
coefficients above 0.35 are statistically significant at 99 %.

are crucial to determine the sensitivity of cloud fractionSST (Sherwood et al., 2014; Bretherton, 2015; Vial et 81162,
such a prospect would allow us to improve our knowledge afali@edbacks, and hence of climate sensitivity.

With this in mind, we assess the errors associated wjit}) estimates frond D, measurements, and discuss whether they
are small enough faz,,,;, estimates to be useful. In stratocumulus clouds where ttig believed to originate from the first
few tens of meters above cloud top (Faloona et al., 2005;ade|l2017);,,;, estimates are not useful if the errors are larger
than a few tens of meters, e.g. 20 m. In cumulus clouds whetimgprocesses are more diverse and possibly deeper (Fig. 1)
Zorig €Stimates may be useful if errors are of the order of 80 m.

Let's assume that we have a field campaign where we meagyesurface meteorological variables, temperature and
humidity profiles (e.g. radio-soundings), and a & profiles (e.g. by aircraft). This is what we can expect fomegbe from
the future EURECA4A (Elucidating the role of clouds-cirdida coupling in climate) campaign to study trade-wind clusu
clouds (Bony et al., 2017). Below we quantify the effects v Bources of uncertainty an,;, estimates.

6.1 Measurement errors

The first source of uncertainty are measurement errors. Walcelatez,,;, assuming an error of 0.4 %0 afD, (typical of
what we can measure with in-situ laser instruments: Aergisegt al., 2012; Benetti et al., 2014) and 1 %odn; (larger
errors due to lower humidity and the increased complexitye&surements in altitude). The averaged errors,gp and their
standard deviations are plotted as a function of EIS in Fg. Whereas errors aiD; lead to errors on,,;, of the order of
20 m (Fig. 14a, green), errors o), lead to errors on,,;, of the order of 80 m (Fig. 14a, red). Yet in stratocumulus,e&on
expects the air to originate from a higher altitude than 8®ova the inversion. ThereforéD, measurements would need to
be more accurate than usual to be useful in strato-cumulisns, i.e. 0.1 %o to yield a 20 m precision og).;,. In trade-wind
cumulus regions, the precision of 0.4 %o is enough:Ags, to be useful.

6.2 Neglecting rain evaporation

The second source of uncertainty is associated with négiectin evaporation. This effect can be quantified in a moola
it is very difficult to quantify in nature because it is congalied and uncertain to measuyréRrosenfeld and Mintz, 1988), and
it is even more complicated to measure or predigt,,,. Rain evaporation can have a depleting or enriching effepedding
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on microphysical details that are too complex to be addceksee (Graf et al., 2019). Neglecting rain evaporation $etad

an error of the order of 500 m in regions of low EIS and 250 m miaws of strong EIS (Fig. 14b, brown). In regions of
strato-cumulus regions, rain evaporation is a significantee of error in spite of the relatively small amount of ppéation
available to evaporate. This is because total evaporafitimeaain efficiently enriches the SCL, and easily modifié, by
more than the 0.1 %o targeted precision explained above. ki is possible that LMDZ overestimates this source obrer

in trade-wind cumulus and strato-cumulus regions. LMDZris of the GCMs producing the strongest rain in srato-cumulus
regions (Zhang et al., 2013), and GCMs are known to triggevection to often in trade-wind cumulus regions (Nuijenalet
2015a, b).

6.3 Neglecting horizontal advection

The third source of uncertainty is associated with horiabatlvection. In naturep can be estimated from meteorological
analyzes ang can be estimated from near-surface isotopic measuremeseveral locations (e.g. sounding arrays during
typical field campaigns). In absence of these additionalsuneanents, neglecting this effect leads to an error of tderawf
800 m (Fig. 14b, purple). This limits the usefulness.gf;, estimates for all cloud regimes.

6.4 Daily variability in the steepness o® D profiles

The fourth source of uncertainty arises from the daily \@ili in c.f; (Appendix D2). Estimatingy. ¢y requires to measure
0Dy at 500 hPa. Satellite measurements are available but @eexdfby random errors that are too large for our application
(Worden et al., 2011, 2012; Lacour et al., 2015). Precisgtinmeasurements of water vapp in altitude are costly and
difficult (Sodemann et al., 2017).

Let's assume that we have only ofi® value that represents the seasonal-average at a giveimloci estimate the
resulting error on,;,, We re-estimate,,.;, every day and at each location using s +o,,,, andacys —oa,,,- The erroron
Zorig 1S Calculated aézo,,,»g(a;ff —Oauss) = Zorig(Qeff 4+ Oay g )) /2. The averaged error and its standard deviation is plotted
as a function of EIS in Fig. 14c (black). It is of the order of4@, and rarely below 200m. If we attempt to estimate s as
the fractionation coefficient as a function of local tempera, errors would be even more dissuasive (Fig. 14c, blue).

Therefore, estimating,.;, from daily 6 Dy measurements cannot be useful unless we meagyren a daily basis as well.
Practically, we could imagine measuring FT properti&s ) at the top of a mountain while we measd®, at the sea level
(e.g. on Islands such as Hawaii or La Réunion: Galewsky €2@07; Bailey et al., 2013; Guilpart et al., 2017) .

6.5 Rayleigh assumption for the shape of D profiles

Finally, as a fifth source of uncertainty comes the assumgtiat thed D profile follows a Rayleigh distillation line (section
2.2). However, both in LMDZ (Appendix D1) and nature (Sodemat al., 2017)) D profiles are usually intermediate between
Rayleigh and mixing lines. The precision of ou.;, estimate is maximum in the Rayleigh distillation case.
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When trying to find a numerical solution fag,.;, directly from Eq. (6), a solution can be found only in 0.1 % akes.
This is because simulated profiles are often close to a mixing line in the lower tropasgh(Appendix D1). Whatever
Zorig IN the lower troposphere, thdD, calculated from Eqg. (6) is nearly constant because iherofile is close to a mixing
line (Appendix A, Fig. 4b). Whatever,,,, in the middle troposphere, tlé), calculated from Eqg. (6) is also nearly constant
because-,,;, there is very small. So whatevey,.;,, the 0D calculated from Eqg. (6) is nearly constant, and the numkrica
solution fails.

However, it is possible thatD profiles simulated by LMDZ are closer to mixing lines thanl ig@files, since GCMs are
known to overestimate vertical mixing through the tropasph(Risi et al., 2012b) and to mix the lower free tropospleoe
frequently by deep convection in trade-wind regions (Nsjet al., 2015a, b). Therefore, the shapé Bfprofiles simulated
by LMDZ is not a sufficient reason to reject the Rayleigh agstion. The uncertainty associated with this assumptiorig v
difficult to quantify in LMDZ. More measurements of flllD profiles are very welcome to help quantify it.

To summarized Dy measurements could potentially be useful to estimatg with a useful precision, but if we measure
daily 6 Dy in the mid-troposphere, if the shapeddd profiles can be better documented, if we measguig at different places
to quantify the effect of horizontal advection, and if we ¢avent innovative techniques to better quantify the effefatain

evaporation. In addition in strato-cumulus clouds, we rteedeasuré D, with an accuracy of 0.1 %eo.

7 Conclusion

We propose an analytical model to predict the water vapooso composition D, of the sub-cloud layer (SCL) over tropical
oceans. This model relies on the hypothesis that the atittain which the air originates,,,.;4, is an important factor. We
build on B15 who extended the Merlivat and Jouzel (1979)w@gquation to make the explicit link betwegh, and mixing
processes. We further extend their equation: we assumea &vathed D vertical profiles as a function af, and we account
for horizontal advection and rain evaporation effects.

The resulting equation highlights the fact thdd, is not sensitive to the intensity of mixing processes. Tlogeg it is
unlikely that water vapor isotopic measurements could bBstpmate the entrainment velocity that many studies haixest
to estimate (Bretherton et al., 1995). In contragd, is sensitive to the altitude from which the air originatessBd on a
simulation with LMDZ and observations during the STRASSHise, we show that,,;, is an important factor explaining
the seasonal-spatial and daily variationg iny, especially in subsidence regions. In turn, callg) measurements, combined
with vertical profiles of humidity, temperature add, help estimatez,,;, and thus discriminate between different mixing
processes? For such isotope-based estimates;gfto be useful, we would need a precision of a few hundreds sgteteep
convective regions and smaller than 20 m in strato-cum@g®ns. To reach this target, we would need daily measuresnoén
0D in the mid-troposphere and very accurate measuremenigfwhich are currently difficult to obtain. We would also need
information on the horizontal distribution 6fD to account for horizontal advection effects, and ful} profiles to quantify
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Figure 14. Errors when estimating.:, from 6 Dy observations, as a function of EIS, as predicted by LMDZ. (a) Er®mwuld make
if Dy is measured with d %o error (red), and error we would makedD; is measured with a %o error (green). (b) error we would
make if we neglect horizontal advection effects (purple) and rain@eadipn effects (brown). (c) Error if one usas, as a function of local
temperature to estimate.¢s (blue), error if one uses the seasonal-mean profile instead of the dafliefgo estimatex.s; (black). The

standard deviations among all daily errors estimated in each bin of EEsarshown.
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the uncertainty associated with the assumed shap&aigrofiles. Finally, rain evaporation is an issue in all regsimaven for
strato-cumulus clouds. Innovative techniques would nedmkbtdeveloped to quantify this effect from observations.

This study is preliminary in many respects. First, it wouklddafe to check using water tagging experiments in LMDZ that
Zorig €Stimates really represent the altitude from which the agimates, and is not biased by our simplifying assumptions
Second, the coarse vertical resolution of LMDZ, and the Seitp of mixing parameterizations (e.g. cloud top entraegnt is
not represented) are a limitation of this study. Ideallg talationship betweefiD,, z,.;, and the type of mixing processes
should be investigated in isotope-enabled Large Eddy Sitious (LES) (Blossey et al., 2010; Moore et al., 2014). fhsitl
tracers and structure detection methods (Park et al., ZBént et al., 2019), combined with conditional samplingtioels
(Couvreux et al., 2010), could help detect the differentkinf mixing structures, estimate their contributions tdieal trans-
port, and describe their isotopic signature. This wouldvallis to confirm, or infirm, many of the hypotheses and conehssi
in this paper. Finally, if the sensitivity af D, to the type of mixing processes is confirmed, paired isotspiwlations of
single-column model (SCM) versions of general circulatinadels (GCM) and LES, forced by the same forcing, could be
very useful to help evaluate and improve the representafiomixing and entrainment processes in GCMs, as is routitrely
case for non-isotopic variables (Randall et al., 2003; ldouet al., 2013; Zhang et al., 2013).

Code and data availabilityLMDZ can be downloaded from http://Imdz.Imd.jussieu.fr/. Program sadd for the analysis are available
on https://prodn.idris.fr/thredds/catalog/ips|_public/rimd698/article_mixingcesses/d_pgmf/catalog.html.

Isotopic measurements from STRASSE can be downloaded from httpepaiipsl.friisowvdataatlantic/. All other datasets and pro-
cessed files are available on https://prodn.idris.fr/thredds/catalog/ijmilc/pund698/article_mixing_processes/catalog.html.

Appendix A: Closure if the tropospheric profile follows a mixing line

For simplicity, we neglect here horizontal advection arid ewaporation effects, but results would be similar othsewlf we
assume thaR,,;, is uniquely related tq,,;, through a mixing line between the SCL air and a dry end-mer@iger? ¢):

Gorig = @ - qo + (1 _a) “qf (Al)
and
Rom-g:a~qo'R0+(1—a)~qf-Rf (A2)

Reorganizing Eq. (Al), we get= Ijﬁ With p = g7 /qo. Sinceqy < gorig < qo, P < Torig- INjecting Eq. (A2) into 6, we get:

Roce/o‘eq +p/(1—p) Ry -ak - (1—hyo)
ho+ax - (1=ho)/(1—p)

Ry = (A3)
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As a consistency check, in the limit case where the end-merstietally dry (p = 0), we find the MJ79 equation, i.e. Eq.
(20).

It is intriguing to realize that,,;, has disappeared from Eq. (A3). This can be understood milsiif the vertical profile
follows a mixing line, it does not matter from which altitutiee air comes: ultimately, what matters is how much dry ag ha

been mixed directly or indirectly into the SCL (Fig. 4b). Tefere, if R,,.;, follows a mixing line, we lose the sensitivity to

Zorig-

Appendix B: Diagnostics for rain evaporation in LMDZ

Rain evaporation can be accounted for in Eq. (8) if we cantifyan the ratio of water vapor originating from rain evaporation
to that originating from surface evaporation, and,,,, the ratio of isotopic ratio in the rain evaporation fluxitg.

B1 Equations

In LMDZ, two parameterization schemes can produce rain@edion: the convective scheme and the large-scale coatiens

scheme. Their respective precipitation evaporation tecids, (dq/dt) and (dq/dt) are given inkguater -

evap,conv evap,lsc ?

kgL -s~! and are used to calculate, ., in kguarer -m 2 - s

krcr
AP,
Fe’uap = ((dq/dt)evap,conv + (dq/dt)evap,lsc) ’ t
k=1 g
wherek ¢, is the last layer below the LCLA Py, is the depth of layek in pressure coordinate agds gravity.
The isotopic equivalent of this flu¥;.,qp.is0 , IS Used to calculat®.,qp = Fevap.iso/ Fevap-
Only grid boxes and days whefe,,.,, > 0.05 mm/d are considered to calculatg,,. This represents 94.0 % of all tropical

oceanic grid boxes.
B2 Results

Consistent with the larger amount of precipitation avdédior evaporationy is maximum in regions of deep convection,
reaching 30 % around the Maritime continent (Fig. Cla). Inisimal over the dry descending regions, reaching 5 % off
the coasts of Mauritania, Peru or Namibia. The rain evajmras more depleted than the SCL in regions of strong deep
convection, by as much as 70 %0 around the Maritime continigt (C1b). When the fraction of raindrops that evaporate
is small, as is the case in such moist regions, isotopicifraation favors evaporation of the lighter isotopologuesthese
regions, rain evaporation has a depleting effect on the $@hsistent with Worden et al. (2007). In contrast, in otlegions,
rain evaporation has a enriching effect on the SCL, up to 7%y regions. This is because in dry regions, rain evapsrate
almost totally, so that the evaporation flux has almost theeseomposition as the initial rain, which is more enrichezhtthe

water vapor.
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Appendix C: Diagnostics for horizontal advection in LMDZ

We can account for horizontal advection in Eq. (8) if we caargify parameters = F“dv% the ratio of water vapor coming
from horizontal advection to that coming from surface evagion, and3 = R4,/ Ro, the ratio of isotopic ratios of horizontal
advection to that of the SCL.

Cl Equations

Let’'s assume that the box representing the SCL has a zoraitéxy, a meridional extenf\xz and is composed df, 1, layers
of vertical extentAzy. The quantityF, 4, - g.q. represents the mass flux of water entering the grid box by botal advection

per surface area, expressediifl,q.e, - 5~ - m 2. ASsuming an upstream advection scheme, it can be exprassed

krow o . s Ay-A ) O Az - Az
Foio - ady = 2=k=1 (pr - |ur| - qui - AY - Az + pi - V| - qui - Az - Azy) (C1)
Az - Ay

whereuy, andv;, are the zonal and meridional wind components at layey, is the volumic mass of air at layér andq,,; and

qui are the humidities of the incoming air from zonal and mendicadvection at layet. Whenwy, > 0, g,k is the humidity
in the grid box to the West. Whem, < 0, g, is the humidity in the grid box to the East. Whep> 0, g, is the humidity in
the grid box to the South. When, < 0, ¢, is the humidity in the grid box to the North.

Applying the hydrostatic equation at each layArH, = py. - g- Az, Whereg is gravity andA Py is the vertical extent of the
layerk in pressure coordinate), we get:

krcrL

APy ([ |uk] - que  |vk| - qok
Fodv - Gadv = ) < +

aav aav k:1 g l‘ y

The quantityF, 4, represents the incoming air mass flux by horizontal advectodgq, 4, represents the humidity of the
incoming air. We can thus write them as:

krLcr
\uk| |’Uk| APk
Fa v = ~ ~_ |
d 2; (Ax+_Ay g

and
kror ( |ukl |V | AP
f—1 (E'Quk-FTy'quk =
krcr ‘ukl_Flvkl AP,
k=1 Az Ay g

The same budget as in Eg. C1 can be written for water isotopes:

Gadv =

krLorL

ot " (k- Tk - quie - Ruk - Ay - Azi 4 pi - [vy| - qui - Rop - Az - Azy)
Az - Ay

Fadv *Gadv * Radv =
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whereR,4, represents the isotopic ratio of the incoming water vapor:

k )
[ (m‘ Quk " Ruk + R ve] ’”‘ “Quk - Ruk) . BB

g
kroL \ukl + IUk\ AP
k=1 “Quk Quk g

Radv =

Note that the upstream advection scheme assumed here tovates the effect of advection compared to the Van Leer
(1977) advection scheme used in LMDZ. We thus estimate hreupper bound for the advection effect.

In practice, rather than calculating= R4, /Ry , we calculated = R,4,/Rscr, WhereRgc, is the isotopic ratio in average
through the SCL.:

kLCL AP
qr - Rp=-*
kLCL APk
Zk 1 4k

This prevents the advected water vapor to be systematicedhg depleted when the mixed-layer hypothesis is not exactl

Rscr, =

verified.
C2 Results

Parametery is maximum where winds are maximum, such as near the exipicsr or in the North Atlantic (Fig. Cla).
Horizontal advection has an enriching effect in deep camecegions (probably because water vapor comes from gearb
drier regions that have been less depleted by deep comgctind a depleting effect near the coasts (probably beaafuse
winds bringing vapor from the nearby land that is depletethigycontinental effect) (Fig. C1b).

Note that in this formulation, parametefsand 3 are resolution-dependent. For example, in a finer resalutiavould be
larger ands would be closer to 1, bukt, 4, - qudv - Raqy @nd thus the contribution of horizontal advection in Eq. \&uld
remain the same.

Appendix D: LMDZ free tropospheric profiles

The goal of this appendix is to document the spatio-tempaadbility in the shape (section D1) and steepness (e&iR)

of simulated free tropospheritD profiles. Note that a detailed interpretation of these msfit beyond the scope of this
paper. This paper aims at understandifig,, which is the first step towards understanding full trop@shprofiles. In turn,
understanding full tropospheric profiles in future studigshelp refine our model fob Dy.

D1 Shape of tropospheric profiles

First, we test whether th&D vertical profiles simulated by LMDZ follow a Rayleigh or mirg line as a function of. For the
Rayleigh curveq. s is estimated as explained in section 3.3. For the mixing(kgpendix A), the end membey{, Ry) is
also taken at 500 hPa.
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Figure C1. (a) Ration of water in the SCL coming from rain evaporation to that coming from serévaporation. (b) Effective fractionation
coefficientae.qp between the SCL water vapor and the rain evaporation. (c) Ratfovater in the SCL coming from horizontal advection
to that coming from surface evaporation. (d) Effective fractionatwefficients between the SCL water vapor and the water vapor coming

from horizontal advection.

The tropical-mean verticalD profiles simulated by LMDZ is bounded by Rayleigh and miximgs$ (Fig. D1a). To better

document the spatial variability in the shapedd profiles, we plot parametef = 5?5:5{ ggﬁ f:fjj}jﬂ describing how
close is the simulatedD (6D pz) to the Rayleigh D gqyieign) and mixing ¢.D,,,) lines. We havef =0 in case of a
Raleigh line,f =1 in case of a mixing line, and > 1 if D is more enriched than a mixing line. In the lower-troposgher
6Dz is close to a mixing line (and sometimes even more enricimedép convective regions (Indian Ocean, South Pacific
Convergence Zone, Atlantic ITCZ), probably because deepeamion efficiently mixes the lower troposphere. Elsewher
0Dy v pz is intermediate between the two lines (Fig D1e). In the neddipospherel Dy b~ is relatively closer to Rayleigh
everywhere (Fig D1b).

The daily variability of f is large everywhere and at all levels (Fig D1c,e), with staddleviation of 0.23 and 0.44 on
tropical average at 1000 m and 4000 m respectively. A large dariability in the shape of profiles is also observed ituna

(Sodemann et al., 2017).
D2 Steepness of tropospheric profiles

The steepness of thi gradient from the surface to the middle troposphere is destby the parameter. s ;. It is maximum
in regions of deep convection, for example around the MaetContinent (Fig. D2a). This is consistent with the maximum
depletion simulated in deep convective regions in the mogdsphere simulated by models (Bony et al., 2008), leatting
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Figure D1. (a) Vertical profiles of water vapafD simulated by LMDZ (black), calculated if assuming a Rayleigh-type curite w. s ¢
estimated fron(qs,0D;) at 500 hPa (green), calculated if assuming a Rayleigh-type curvenwijtt?’) (dashed green) and calculated if

assuming a mixing curve between the first layer éndd D) at 500 hPa (blue), in average over all tropical oceanic locations aysd (9

Winter-mean map of parametgr=

3D MDz—9DRayleigh

0D miz—O0DRayleigh

at 4000 m, i.e. slightly below 500 hPa whereandd D are taken. Parametgr

describes how close is the simulat®l (D pz) to the Rayleigh d D rayieign) and mixing lines § Diiz): f = 0 in case of a Raleigh
line, f =1 in case of a mixing line, and > 1 if 6D is more enriched than a mixing line. (c) Standard deviation of paranfederong all
days in winter of all years, at 4000 m. (d) Same as (b but at 1000 nsligitly above the LCL. (e) Same as (c) but at 2000 m. To avoid
numerical problems, only days and locations Whéi@,,,;» — d D rayieigh| > 5 %o are used in the calculations.
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Figure D2.a)ae s — 1, wherea. 55 is the effective fractionation coefficient, expressed in %« h)(T') — 1 expressed in %o. All daily values

are averaged over all days in winters of all years. ¢) Standard deviattio. s y among all days in winter of all years, expressed in %o.

steepew D profiles. The pattern afi.;r may also reflect horizontal advection effects, where stisotppic gradients align
with winds (e.g. from the Eastern to the Western Pacific, De# €2018).

Values ofa. s are of the same order of magnitude as real fractionationfadbut the spatial variations do not reflect those
predicted if using a fractionation coefficient, as a function of temperatui (Fig. D2b).

The daily standard deviation ef.;; (0., ,,) for a given season ranges fraifkéo in the Central Atlantic tol0%. near the
Maritime Continent (Fig. D2c). On average over all seasorslacations, daily. s — 1 at a given location varies within

+25 % of its seasonal-mean mean value.
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