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Abstract. Starting from the definition of mechanical work for an ideal gas, we present a novel derivation linking global wind
power to measurable atmospheric parameters. The resulting expression distinguishes three components: the kinetic power as-
sociated with horizontal motion, the kinetic power associated with vertical motion and the gravitational power of precipitation.
We discuss the caveats associated with integration of material derivatives in the presence of phase transitions and how these
affect published analyses of global atmospheric power. Using the MERRA database for the years 2009-2015 (three hourly
data on the 1.25° x 1.25°grid at 42 pressure levels) we estimate total atmospheric power at 3.1 W m~2 and kinetic power
at 2.6 W m~2. The difference between the two (0.5 W m~2) is about half the independently estimated gravitational power
of precipitation (1 W m~—2). We explain how this discrepancy arises from the limited spatial and temporal resolution of the
database. Our analysis suggests that the total atmospheric power calculated with a spatial resolution of the order of one kilo-
meter (thus capturing the small moist convective eddies) should be around 5 W m~2. We discuss the physical constraints on

global atmospheric power and how considering the dynamic effects of water vapor condensation offers new opportunities.

1 Introduction

How much power does our atmosphere generate and why? These questions have long challenged theorists (Lorenz, 1967)
and have gained renewed significance given how our climate is affected by changes in atmospheric circulation (e.g., Bates,
2012; Shepherd, 2014). A particular problem is the mismatch between model predictions and observed trends (e.g., Kociuba
and Power, 2015). While models suggest general circulation should slow as global temperatures rise, independent observations
indicate circulation is getting faster (e.g., de Boisséson et al., 2014). Global wind power appears to be rising as well (Huang and
McElroy, 2015). On the other hand, global circulation models tend to overestimate wind power (Boer and Lambert, 2008). For
example, using the CAM3.5 model Marvel et al. (2013) estimated the global kinetic power of the atmosphere! at 3.4 W m~2,

Note however that Boville and Bretherton (2003) cited 2 W m~2 as the kinetic power for the same model. To our knowledge, the inconsistency between

their estimate and that of Marvel et al. (2013) has not been addressed.
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while published observational estimates range from 2 to 2.5 W m~2 (Kim and Kim, 2013; Schubert and Mitchell, 2013; Huang
and McElroy, 2015).

Our motivation here is to clarify what is meant by fotal atmospheric power and how we can assess it. Suppose that we know
at a given moment in time the air velocity and pressure gradient for each point in the atmosphere with good resolution. Would
this information be sufficient to estimate the instantaneous global atmospheric power? We found that for us at least the answer
to this question was not self-evident. In Section 2 we explore how the derivation of an expression for the global atmospheric
power is affected by the presence of phase transitions.

In Section 3 we show how the derived relationships require a revision of the recent estimates of atmospheric wind power
proposed by Laliberté et al. (2015). In Section 4 we discuss how the global wind power in a hydrostatic atmosphere can
be represented as a sum of three distinct physical components. Two components dominate in a hydrostatic atmosphere: the
kinetic power of the wind generated by horizontal pressure gradients and the gravitational power of precipitation generated by
the ascending air. In Section 5 we illustrate our formulations by analysing the atmospheric power budget using the MERRA
database (Rienecker et al., 2011). We discuss how estimates of atmospheric power are affected by resolution of the data.

In the concluding section we discuss theoretical constraints on atmospheric power. There are two problems: to explain
why wind power on Earth is significantly different from zero (minimal threshold) and to find a constraint from above on this
power (maximum threshold). We discuss the opportunities provided by consideration of the dynamic effects of condensation

in combination with conventional thermodynamic approach.

2 Atmospheric power in the presence of phase transitions

The atmosphere comprises compressible gases and small amounts of incompressible solid and liquid water. We begin with

calculating work performed by the atmospheric gases. We treat them as ideal gases with the equation of state
p=NRIT. (1)

Here T is temperature, N is air molar density (mol m~3), V' = N ~! is the atmospheric volume occupied by one mole of air, p
is air pressure and R = 8.3 J mol~! K~ is the universal gas constant.
Work per unit time (power) of an air parcel containing N moles and occupying volume V = NV (m?) is
dv -dvV _dN _ [ dp dT dN
—=p|N—+V—|=V|(——+RN— RT—. 2
Prat p( + ) ( a " dt>+ dt @
We now consider an atmosphere composed of n air parcels with total volume V =" , V= fv dV (subscript 7 refers to
the i-th air parcel). We define V as the volume bounded by the Earth’s surface and the surface corresponding to some fixed
pressure level pr at the top of the atmosphere, e.g. to pr = 0.1 hPa. This is the uppermost level in many atmospheric datasets
including those in the MERRA project.
The number of molecules (moles) N in each air parcel can only change via an inflow (outflow) of molecules through

the parcel’s boundary. This change results from either diffusion of molecules between the adjacent parcels or from phase
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transitions or from both. Since in the case of diffusion any molecule leaving one parcel, dN, /dt < 0, arrives to some other
parcel, dNs /dt = —dN, /dt > 0, all the diffusion terms cancel in the global sum of the last term in Eq. (2) over all parcels.

What remains corresponds to phase transitions:

" dN; 1 dN
de’— N - /NdV (3)
=1

t ) v odt

where N is the molar rate of phase transitions per unit volume (mol m~3 s~1). Its integral over volume V is equal to the total
rate of phase transitions in all the n air parcels. By virtue of the conservation relationship (3) N includes the inflow (outflow)
into all the air parcels from all liquid or solid surfaces (droplet surface in the atmospheric interior or the Earth’s surface).

Using Eqgs. (2) and (3) we can write total power W of the n air parcels composing the atmosphere as

" / 1 1dv 1 dp
W== v==[[-= N— TN 4
SZ /vdtv 8/< at TG TR )V @
- % %

Here S is the Earth’s surface area and W is in W m—2
The exact differential dX/dt for X = {p,T,V,...} that describes change within each air parcel in the atmospheric context
corresponds to the material derivative:

dX (9X

where v is the mean velocity of gas molecules within the parcel.

Using the continuity equation

. ON dN
and the ideal gas law (1) in the form dp/dt = RNdT/dt + RT'dN/dt we obtain for W from Eq. (4):
1dv 1
— 2 gy == v)dV. 7
W= / Tl dy = /p(V v)dy @)
%

The magnitude of V - v is the rate of relative volume change of a material element at a given point (e.g., Batchelor, 2000,
p- 75). This change, (1/ f/)df// dt depends only on the difference in velocities of its bounding material surfaces which are not
directly impacted by phase transitions. Therefore, W (7) does not explicitly depend on N.

We can use the divergence theorem (Gauss-Ostrogradsky theorem) to re-write W (7) as

1 1
W:IS—g/(v-Vp)dV:IS—g/(u~Vp—|—w~Vp)clV7 8)
%
Is = % pv s =22 [ (vonyas. ©)
S z=z(pr)

Here n is the outward-pointing unit vector perpendicular to the surface area dS; the surface integral is taken over the Earth’s

surface and the upper boundary z = z(pr), where z(pr) is the altitude of the pressure level p = pr. Since the macroscopic
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air parcels do not penetrate the Earth’s surface?, for z = 0 we have v -n = 0. At the upper boundary v is zero in the steady
state only, when the total volume V of the air parcels does not change. Generally for z = z(pr) we have v-n # 0 (a similar
condition of non-zero velocity at the upper boundary (the oceanic surface) is commonly used in oceanic science, e.g. Tailleux
(2015)).

3 Practical implications of the obtained relationships

3.1 The material derivative of enthalpy

In a recent effort to constrain the atmospheric power budget, Laliberté et al. (2015) used the thermodynamic identity
(10)

where s is entropy, h is enthalpy, p is chemical potential (all per unit mass of wet air), 1/p is specific air volume and ¢ is the
mass fraction of total water®. Laliberté et al. (2015) neglected, as we do, the atmospheric liquid and solid water content* and

approximated gr = q,,, where gq,, is the mass fraction of water vapor.

When integrating Eq. (10) over atmospheric mass, Laliberté et al. (2015) assumed that the enthalpy term vanishes, [ m(dh/dt)dM

0. This assumption was justified by noting that the atmosphere is approximately in a steady state. However, the correct condition

for the steady atmospheric state is different. It corresponds to zero enthalpy change in all air parcels combined:

Ohior <~ dh o
= = = E . h; =m;h;. 11
8t gt dt Oa htot pt hza hz mzhz ( )

where dh; /dt is the change of enthalpy h; of the i-th air parcel which has mass m,; and mass-specific enthalpy h;.

Repeating the reasoning from the previous section we have
Ohiot  ~~dhi <[, dm; dh; _ dh
— = = hi i— | = [ hpdV —dM, 12
ot Z;dt Zl< dt +mdt) /p +/dtM (12)
= = % M

where p is the mass rate of phase transitions per unit volume (kg m~2 s~1) obeying the steady-state continuity equation

V- (pv) = p. (13)

2The molecular process of evaporation from the Earth’s surface can be viewed as an upward flux of gaseous molecules that are concentrated within one free

path length [ from the evaporating surface and have mean vertical velocity w g of the order of mean molecular velocity. Molar density N g of such molecules is

25 has NV rwg = E/M,, where M, is molar mass of water. Due to the presence of these molecules, macroscopic

obtained from evaporation rate £/ (kg m™
air parcels adjacent to the surface could have a non-zero vertical velocity ws defined as the mean vertical velocity of all molecules in the parcel. If [, is the
linear size of this parcel, we have ws = wENEl/(Nslp), where Ns = ps/(RTs) is molar density of air at the surface, T and ps are surface temperature
and pressure. Then for the vertical term p(v - n) at the surface, Eq. (9), we have psws = (I/l,) ERTs /M, . Since as we will see in Sections 5 and 6 global
atmospheric power is of the order of PRTs /M, where P = E is the global mean precipitation and evaporation, the surface term psws can be neglected in

Eq. (9) if I/l < 1, i.e. on any macroscopic length scale.

3The unconventional sign at the chemical potential term follows from y being defined in Eq. (10) relative to dry air: hence, when the relative dry air content
diminishes this term is negative. For details see p. 8 in the Supplementary Materials of Laliberté et al. (2015).

4This assumption corresponds to an instantaneous removal of the non-gaseous water from the atmosphere by precipitation.
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As is clear from Eq. (11), when the atmosphere is in a steady state (Oh;,: /Ot = 0) the mass integral of the material derivative
of enthalpy is not zero. It can be roughly estimated by assuming that all evaporation occurs at the surface z = 0, while all

condensation occurs at mean condensation height z = H p:

1 1
a,0.2) = E@.0)6(z) — Plop)d(c—He), E=P, B= [ Byds, P=< [ Pay)ds. (14)
S S
1 [dh 1 .
5 [ FAM=-5 /hpdV ~ —Ehy + Ph(Hp) = —PAh,, Ahe=h — h(Hp), h=c,T+ Lqy. (15)
M %

Here F(x,y) and P(z,y) are local evaporation and precipitation at the surface (kg m~2 s~1) with global averages F and P;
subscript s denotes surface values z = 0; §(z) is the Dirac delta function; ¢, = 103 J kg ~! K~ is heat capacity of air at constant
pressure, L = 2.5x 105 J kg~ is latent heat of vaporization. For Hp ~ 2.5 km (Makarieva et al., 2013a) and ¢, (Hp) < qus We
have —PAh. = —P(c,Hpl'+ Lqys) = —1 W m~2. Here g, = 0.0083 corresponds to global mean surface temperature T =
288 K and relative humidity 80%; mean tropospheric lapse rate is I' = 6.5 K km . Global mean precipitation P (measured in

1 which in ST units

a system of units where liquid water density p,, = 102 kg m~? is set to unity) is equal to P ~ 1 m year™
corresponds to P = 3.2 x 107> kg m~2 s~1. A more sophisticated estimate® of integral (15) presented in Appendix A yields
—1.6 W m~2 with an accuracy of about 30%.

These estimates show that the enthalpy term cannot be neglected in Eq. (10) on either theoretical or quantitative grounds.
By absolute magnitude the integral (15) is greater than one third of the total atmospheric power W =~ 4 W m~2 estimated by
Laliberté et al. (2015) for the MERRA re-analysis (3.66 W m~2) and the CESM model (4.01 W m~2).

Laliberté et al. (2015) first calculated the mass integral of T'ds/dt from the right-hand side of Eq. (10), then calculated
udgr/dt from atmospheric data and then used the obtained values and again Eq. 10 to estimate the total atmospheric power
as —(1/8) [,,(1/p)(dp/dt)dM. In such a procedure, putting [, (dh/dt)dM = 0 should have overestimated W by about
1.6 W m~2. Since the omitted term is proportional to the global precipitation rate, it is crucial not only for a correct estimate
of the mean value of W, but also for the determination of any trends related to precipitation.

Note also that even in the correct form, with the enthalpy term retained, Eq. (10) does not provide a theoretical constraint on

W. This equation is an identity: it essentially defines ds/dt in terms of measurable atmospheric data. As is clear from Eq. (8),

W can be estimated from the same data directly without involving entropy, see Section 5.
3.2 Material derivative of pressure dp/dt and atmospheric power

Equations (2)-(8) clarify the relationship between atmospheric power and dp/dt (W m~2). Global atmospheric power W

is, in the general case, not equal to the mass integral of —(1/p)dp/dt (or volume integral of dp/dt, which is the same since

3The physical meaning of the negative sign of the enthalpy integral (15) can be understood as follows. This integral describes how much air belongs to
the air parcels decreasing their enthalpy (dh/dt < 0) compared to how much air belongs to the air parcels increasing their enthalpy (dh/dt > 0). In the
absence of phase transitions these masses are equal. There is as much gas going upwards, as there is going downwards. Hence, [ M (dh/dt)dM = 0. In the
presence of condensation and evaporation, these masses are not equal. Water vapor is "created" by evaporation at the planetary surface and then "destroyed"
by condensation at some height 7{p > 0. In the result, at any height z > O there is, on average, more gas going upwards than downwards. In the ascending
air dh/dt < 0 (it cools and loses water vapor). Therefore, [, (dh/dt)dM < 0.
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dM = pdV). While the definition of material derivative (5) includes partial derivative over time, we have seen that atmospheric
work output W does not depend on dp/dt, see Egs. (8), (7). Indeed, from Eq. (8) and (5) we find:

W:—é %d]}—f—é/%dv—k[& (16)

% %

In the steady state, when the volume of the atmosphere is constant, the last two terms in the right-hand side of Eq. (16) are zero.
Since the distribution of pressure versus altitude in the atmosphere is approximately exponential and since I is proportional
to pr, by choosing a sufficiently small upper boundary pressure pr it is possible to ensure that the instantaneous value of Ig
(9) is arbitrarily small compared to the instantaneous W (see Fig. 6d in Appendix C). Everywhere below we put Ig = 0.

The long-term average of the second integral in the right-hand side of (16) is also zero. However, its instantaneous value de-
pends on temperature tendency 97"/t and is not necessarily negligible compared to . This term describes pressure changes
that are not related to power output but reflect how internal energy of the atmosphere varies with changing atmospheric volume
and/or mass (see Appendix C for details).

Locally, even in the stationary case when 9p/0t = 0, material derivative of pressure —dp/dt = —v-Vp is not equal to power

output per unit volume of the local air parcel (pdV/ dt)/ V (W m~3). From Eq. (7), which holds true for an arbitrary volume

V, we have

1dv

Lav vy = v (V). I
pV g p(V-v) v-Vp+ V- (pv) a7

These magnitudes have different physical meaning. While p(V - v) describes power output per unit volume of the local air
parcel, —v - Vp, describes power output per unit volume of the local pressure gradient. It is work performed per unit time by
the force of the local pressure gradient on the air contained in the considered unit volume. Global integrals of —v - Vp and

p(V - v) coincide and equal global atmospheric power W when Is in (8) is zero.

4 Revisiting the current understanding of the atmospheric power budget

We now show how total atmospheric power (8) can be decomposed into distinct terms. In Eq. (8) the expression —v - Vp =
—u- Vp—w - Vp represents total work performed by the pressure gradient per unit time per unit air volume. The horizontal
pressure gradient generates the kinetic energy of the horizontal wind u. The vertical pressure gradient generates the kinetic
energy of the vertical wind w plus it changes the potential energy of air in the gravitational field.

In hydrostatic equilibrium we have

V.p=pg, (18)

where p = NM is air density (kg m™3), M is air molar mass (kg mol~!). In the real atmosphere due to the presence of
non-gaseous water the air distribution deviates from Eq. (18) such that we have V_.p = (p+ p;)g and in Eq. (8) —w-Vp =

—pwW - g — oW - g, where p; is mass density of the non-gaseous water in the air.
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Term —pw-g = —pv-g represents the vertical flux of air: it is positive (negative) for the ascending (descending) air. Recalling
that g = —¢gVz and using the divergence theorem and the stationary continuity equation (13) we can write
144 ! / ay ! / VzdV ! / (vpz)dS ! / HdV 19)
=—— w - == v-VzdV = = n-(vpz - = z .
P S/ PVe sy /P IS4 P s9 | *P

% v S v
The surface integral in (19) is taken at the Earth’s surface (here it is zero because z = 0) and z = z(pr) (here it is also zero,
because pn - v = 0).

For a dry atmosphere where p = 0, the last volume integral in Eq. (19) is zero and Wp = 0: indeed, in this case at any height
z there is as much air going upwards as there is going downwards®. In a moist atmosphere, evaporation p > 0 (condensation
p < 0) makes a negative (positive) contribution to Wp. This is because Wp reflects the work of water vapor as it travels from
the level where evaporation occurs (where water vapor arises) to the level where condensation occurs (where water vapor
disappears). When condensation takes place above where evaporation occurs, the water vapor expands as it moves upwards
towards condensation, and the work is positive.

When evaporation occurs at the Earth’s surface 2 =0, Wp (19) is equal to PgH p, where H p is the global mean height of
condensation. It is natural to call Wp the "gravitational power of precipitation”. Pauluis et al. (2000) estimated the value of
Wp for the tropics. Their estimate was revised by Pauluis and Dias (2012) and by Makarieva et al. (2013a) who also estimated
global Wp as 0.8 W m~2. (Here we revised this latter estimate upwards by 20%, see Appendix A).

The stationary power budget for a hydrostatic atmosphere can be written as

1
W = —g/v-VpalVEVVK—i—Wp7 (20)
%
1 1
Wi = —g/(u-Vp—&-plwg)dV%—g u- Vpdy, @h
% v
We = _l/ dv—_l/ 5dV = PgH P:—l/'dv (22)
p= -5 [rweedV=—< [gzpdV=PgHp, P=—= [ pdV.
Vv 4 2>0

Equations Egs. (20)-(22) and their derivation have not been previously published. These equations clarify the physical
meaning of the atmospheric power budget. While we define W (4) as the power output of ideal gas parcels, this power includes
Wp — the gravitational power of precipitation. The meaning is that hydrometeors perform work at the expense of their potential
energy. To acquire this energy, a corresponding amount of water vapor must be raised by air parcels. We can also see that Wp
does not depend on the interaction between the air and the falling hydrometeors. This term would be present in the atmospheric
power budget even if hydrometeors were experiencing free fall and did not interact with the air at all (such that no frictional
dissipation on hydrometeors occurred).

The term —p;w - g in Eq. (21) is not related to the gravitational power of precipitation. It describes kinetic energy gen-
eration on the vertical scale of the order of the atmospheric scale height H = —p/(9p/9z) = RT/(Mg) ~ 10 km. This en-

ergy is generated because the vertical air distribution deviates from the hydrostatic equilibrium (18). Hydrometeors act as

%Note that using the continuity equations for dry air V - (pgv) = 0 and water vapor V - (p, V) = p, where pg and p,, are densities of dry air and water
vapor, we find from Eq. (19) that Wp = —(1/S) [}, ppw - gdV.
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resistance preventing the pressure difference Ap ~ p;gH from converting to the kinetic energy of a vertical wind. In the at-
mosphere on average p;/p ~ 107> (Makarieva et al., 2013a). Without hydrometeors, the non-equilibrium pressure difference
Ap ~ 1075 pgH ~ 1 Pa would produce maximum vertical velocity of about w,,, ~ 1 ms~! (pw?, /2 = Ap). This is two orders
of magnitude larger than the characteristic vertical velocities w ~ 1072 m s~ of large-scale air motions. (Hydrometeors thus
inhibit vertical motion in a similar way turbulent friction at the surface inhibit horizontal air motion. For example, the observed
meridional surface pressure differences of the order of Ap;, ~ 10 hPa in the tropics, if friction were absent, could have pro-
duced maximum horizontal air velocities of about %, ~ 40 m s~! (pufn /2 = Apy,).) Quantitatively, —p;w - g is less than 1%
of W and can be neglected: its volume integral taken per unit surface area is less than p;gHw ~ 10~ °pw ~ 1072 W m—2,
where p = pgH = 10° Pa is air pressure at the surface.

In some publications kinetic power is assumed equal to the volume integral of dp/dt (e.g., Robertson et al., 2011, their Eq. 1).
Here we have seen that the long-term mean of this integral is equal to total power W, Eq. (16). However, the instantaneous
value of this integral is not equal to the instantantaneous value of W, see also Appendix (C). In other studies kinetic power
is correctly defined and estimated from horizontal velocities as Wk (21) (see, e.g., Boville and Bretherton, 2003; Huang and
McElroy, 2015). In such studies Wi is sometimes confused with total atmospheric power: i.e. in the total power budget the
gravitational power of precipitation, Wp, is overlooked (e.g., Huang and McElroy, 2015, their Fig. 10). We also note that
the gravitational power of precipitation Wp has not been explicitly identified in past studies assessing the conversion rates
between available potential and kinetic energies in the framework of the Lorenz energy cycle (see, e.g., Kim and Kim, 2013,
and references therein).

The fact that kinetic power W (21) depends on horizontal and not vertical velocities is essential for comparing theory and
observations. Horizontal pressure gradients and wind velocities are observed directly, while vertical velocities are inferred only

indirectly and with significant uncertainty (see Appendix C).

5 Observation-based estimates of global atmospheric power
5.1 Total power W

In meteorological databases including the MERRA dataset MAI3CPASM that we used (see Appendix B for details), dp/dt is
often represented as a separate variable named pressure velocity (omega). We estimated W as

1 d 7]
W =(Q), Qz—g/wd]/, wz—pZ—p+v-Vp. (23)

dt — Ot
v

Time averaging denoted as () was made over seven years, 2009-2015. Using instantaneous omega values provided each three
hours at 42 pressure levels on the 1.25° x 1.25°grid we obtained two estimates, W; = 2.97 W m~2 and Wy = 3.24 W m~2
depending on how the local omega value at the Earth’s surface was estimated. The value of W, = (1) was obtained by linearly

extrapolating the omega value from the two nearest pressure levels, see Eq. (B3), while W5 = (€)2) was obtained assuming
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Table 1. MERRA-based and theory-derived estimates of the global atmospheric power budget W = Wi + Wp (W m™2) and the enthalpy
term —PAh. (15) (W m~2). Subscripts 1 and 2 refer to the two means of estimating W and Wk, see Section 5 and Appendix B, Egs. (B3),
(B12) for 1 and (B4), (B13) for 2.

#  Source of estimate w Wx Wp —PAhR.
1 MERRA 2009-2015 (W1, Wk1) 297 270 027"  —0.697
2 MERRA 2009-2015 (W2, Wik2) 324 253 071 —0.427
3 MERRA 2009-2015 (mean) 3.1 26  0.5" —0.6"

4  Theoretical estimates based on P = 0.96 myear—' 4.8 3.8% 1.0} —1.6*

5 Relative difference (#4 — #3)/#3 04 03 05 0.6

* estimated as the difference between MERRA-based W and Wi ; 1 estimated as the difference between MERRA-based W and
Wi = 3.66 W m™?2 of Laliberté et al. (2015); ¥ estimated in Appendix A; § estimated from Eq. (25); 9 estimated as the sum of the
theoretical Wi and Wp.

that omega at the surface is equal to the surface pressure tendency 9ps/0t, see Eq. (B4). The results are shown in Fig. 1a and
Table 1.

Laliberté et al. (2015) using their Eq. (10) estimated total atmospheric power from the MERRA database as W, = 3.66 W m~2.
Both W and W, are significantly smaller. We have W, — W = —0.69 W m~2 (19%) and Wy — Wi = —0.42 W m~2 (12%).
As discussed in Section 3, the difference between W and W7y, caused by the omission of the enthalpy term in Eq. (10), should
be equal to the enthalpy term (15) of about —1.6 W m~2. The actual difference is the same order of magnitude with our
estimate (15) but is about 60% smaller, Table 1.

This discrepancy may be a consequence of Laliberté et al. (2015) using different MERRA datasets (MAI3NECHM, MAI6NVANA,
MAT3NVCHM). These data have a 0.67° x 0.5° lon-lat resolution and are provided on 72 vertical levels. However, pressure
velocity is not provided. It was calculated by Laliberté et al. (2015) from horizontal velocities using a correction procedure
to ensure mass conservation (see the Supplementary Materials of Laliberté et al., 2015, for details). The impact of this pro-
cedure on the obtained results was not investigated. We employed the "ready-to-use" omega values from the MERRA dataset

providers. Another reason for the discrepancy is the resolution of the data — this is a topic we examine further below.
5.2 Kinetic power W

Two estimates of kinetic power were obtained (Fig. 1a and Table 1): Wx = 2.70 W m~2 by extrapolating u - Vp linearly to
the surface from the two nearest pressure levels, see Eq. (B12), and W = 2.53 W m~?2 assuming v = 0 and u- Vp = 0 at the
surface, see Eq. (B13). The second estimate is close to the long-term mean kinetic power 2.46 W m~2 obtained by Huang and
McElroy (2015) for 1979-2010.

The difference between the estimates W7 and W5 and Wi and W5 stems from different assumptions about the value of

the integrated quantity (w or u-Vp) at the surface. The surface layer averages about 13 hPa higher pressure than p; = 1000 hPa,
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Figure 1. (a) Time series (60-day running mean of daily values) of the kinetic power (the blue (lower) curves) and the omega integral (23),
(B6) corresponding to total atmospheric power (the red (upper) curves) (thin solid curves: €21, Wi 1; dashed curves 22, Wi2; thick solid
curves Q = (Q1 + Q2)/2, Wk = (Wk1 + Wk2)/2). (b) Monthly mean values of 2 — Wx and global precipitation P (Adler et al., 2003,
GPCP v. 2.2). (c) Relative changes of kinetic power W and global precipitation P (monthly W and P values divided by their long-term
mean of, respectively, 2.6 W m ™2 for Wi in 2009-2015 and 2.64 mm day~* for P in 2009-2014). Ticks on the horizontal axes correspond
to the 15th day of each month.
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the pressure of the first layer in the MERRA database. This difference corresponds to an atmospheric layer about H; ~ 100 m
thick. Estimates W5 and Wi+ are based on the assumption that at the surface v = 0 and u-Vp = 0 (see Appendix B). However,
within the boundary layer air velocity becomes essentially non-zero reaching a few meters per second at a height H, of
the order of a few meters (e.g., Beare et al., 2006). Thus, linear extrapolation from v = 0 at the surface to its known value
at pressure level p;, i.e. from z =0 to z = H; > H,, does not accurately reflect the velocity profile of the surface layer
between p, and p;. Estimates W7 and Wi, on the other hand, assume that within the surface layer the integrated quantity
varies in the vertical in the same manner as it does between the two pressure levels nearest to the surface (e.g., between
p1 = 1000 hPa and p, = 975 hPa), see Eqgs. (B3) and (B12). With increasing vertical resolution, the two estimates should
coincide. At present resolution, they differ by 10% for W; and W5 and by 6% for Wy and Wi». Lacking better guidance,
we will use the mean of the two estimates as a representative value. We then have W = (W7 + W5)/2=3.1 W m~2 and
W = (Wgk1+ Wkso)/2=2.6 Wm~2, Table 1.

The interannual variation of global atmospheric power is relatively small. Total power W had its minimum of 3.05 W m~2
in 2011 and maximum of 3.21 W m~2 in 2015. Kinetic power W had its minimum of 2.57 W m~2 in 2009 and 2011 and
maximum of 2.72 W m~2 in 2015, see Table 3 in Appendix B.

While the global mean values of W and W differ by a relatively small margin, their local values differ by more than
an order of magnitude and have different spatial distributions, Fig. 2. Total atmospheric power is positive (negative) in the
regions of ascent (descent); local values may exceed the global mean by nearly two orders of magnitude. The kinetic power
is more spatially uniform. It is nearly ubiquitously positive in the lower atmosphere below the 800 hPa pressure level: 58% of
global kinetic power is generated below 800 hPa. In the upper atmosphere negative kinetic power occurs in the region of the
atmospheric heat pumps (Ferrel cells) (Makarieva et al., 2015c¢).

The difference between W and Wi should be equal to the gravitational power of precipitation Wp, Eq. (20). As estimated
from the MERRA database, this difference amounts to 0.5 W m~—2, Table 1. This is half the independent estimate of Wp =
1 W m~2 obtained using the observed precipitation, see Appendix A.

The shortfall in our estimate arises from the coarse resolution in the MERRA database. In convection eddies, air rises
approximately moist adiabatically and descends dry adiabatically. Within such eddies, provided most condensed moisture is
removed by precipitation, the water vapor mixing ratio decreases in the ascending air and remains approximately constant in
the descending air. In consequence, if we average over many such eddies we will find that the mean mixing ratio decreases
with height. Now, if the considered area has on average a negative large-scale vertical velocity w < 0, this means that in this
descending air the mixing ratio is increasing — this is equivalent to an atmospheric source of water vapor. Here we will call this
artifact "spurious evaporation". Since according to Eq. (22) evaporation within the atmosphere reduces Wp, averaging over an
area larger than that of individual convective eddies (~ 1 — 10 km) underestimates Wp.

The difference between the monthly mean values of the volume integral of pressure velocity (23) and W does not correlate
positively with monthly mean precipitation (as Wp should). In particular, the summer maximum of precipitation corresponds
to a minimum of 2 — W, Fig. 1b. One possible reason is that the integral of the pressure tendency Op/0t that distinguishes {2

(23) from the instantaneous value of total atmospheric power (16), does not vanish on the seasonal timescale thus significantly

11
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Figure 2. The zonally averaged vertical profile of kinetic W and total W atmospheric power versus latitude. Mean values for 2009-2015

are shown.

affecting the monthly estimate of atmospheric power. In Appendix C we consider the seasonal cycle of the volume integral of
the pressure tendency and evaluate its magnitude in greater detail.

Kinetic power Wi, on the other hand, is better correlated with global precipitation, Fig. 1c and Fig. 3. Relative changes of
Wi are the same order of magnitude as changes of P. Both Wi and P have two peaks, one in summer and another in winter,
Fig. 3.

6 Discussion and conclusions: Towards constraining the atmospheric power

We have shown how atmospheric power W can be defined in terms of measurable atmospheric variables, Egs. (20)-(22).
We used the MERRA database to quantify the atmospheric power budget, Table 1. We found that the gravitational power of
precipitation Wp estimated as the difference between total power W and kinetic power W is around 30-70% smaller than
independent estimates obtained from observations of precipitation. This discrepancy results from the limited resolution of the
MERRA database. Coarse spatial and temporal averaging causes "spurious evaporation" to occur in the large-scale descending

air motions thus reducing the magnitude of all quantities - including Wp - proportional to condensation rate (Section 5.2).
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Figure 3. Mean monthly kinetic power Wik and global mean precipitation P for the time period 2009-2014. Monthly Wk and P values
divided by their 2009-2014 mean values of, respectively, 2.6 W m~2 and 2.64 mm day ~. The year 2015 was excluded because of incomplete

precipitation data (see Fig. 1b,c).

That the data resolution has a major impact on Wp gains further support from the analyses of the water budget in the MERRA
database (Bosilovich et al., 2011). Here an atmospheric moisture budget consistent with observations cannot be retrieved from
the observed wind speeds and water vapor mixing ratios alone: an additional correction ("analysis") term must be added to
the mass equation for atmospheric water. This correction term is of the order of the difference between local evaporation and
precipitation (Bosilovich et al., 2011), i.e. it is of the order of foz (pr) pdz in the vertically integrated continuity equation (13).
Thus Wp cannot be retrieved from the MERRA database based on only the continuity equations (6), (13) that underlie the
estimate of atmospheric power W.

Next we consider how our results are relevant to the problem of finding constraints on global atmospheric power.
6.1 The upper limit

Power output of a system cannot exceed the power output W of the Carnot cycle. To quantify this limit on atmospheric power,

three variables are required: input temperature 7;,,, output temperature 7,,,; and heat flux F:

AT,
WC:FTC

n

, ATe =Ty —Tow, F=Fr+Fs. (24)

Here F' (W m~2) is equal to the sum of latent 7, and sensible Fs heat fluxes. The heat flux available to the Earth’s atmospheric

engine is limited by the incoming flux of solar radiation. The minimum output temperature 7,,; = T is set by the Earth’s
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albedo and orbital position: it is the temperature at which the atmosphere emits thermal radiation to space. The actual output
temperature of the atmospheric engine can be higher, 7T,,;: > Tg: in this case the part of the atmosphere that produces work
would release heat not directly to space but to the upper atmospheric layers. The upper atmosphere will further transmit heat to
space without generating work. The input temperature is bounded from above by temperature 7 of the Earth’s surface, T;,, <
T, and thus depends on the magnitude of the greenhouse effect AT = T; — Tp. However, this magnitude is a priori unknown.
With the Earth’s extensive oceans, there is a positive feedback between surface temperature and atmospheric moisture, since
this moisture is itself a major greenhouse substance. This means that the greenhouse effect on an Earth-like planet could range
within broad limits. Even among the planets of the solar system the maximum Carnot efficiency AT /T varies at least six-fold
(Schubert and Mitchell, 2013).

If we cannot predict AT from theory, there is only one robust theoretical limit on W that we can infer from thermodynamics:
W cannot be larger than approximately F'(Ts — Tg)/Ts, where T is the Sun’s temperature. This is the upper limit that is
given by consideration of entropy production on the Earth. The global efficiency of solar energy conversion into useful work
amounts to about 90% (Wu and Liu (2010); see also Pelkowski (2012) for a rigorous theoretical discussion). This is about two
orders of magnitude larger than the observed efficiency of atmospheric circulation, which is of the order of 1% of the incoming
solar radiation. The thermodynamic theoretical upper limit alone is therefore of limited use for constraining the atmospheric
power.

We need additional constraints on atmospheric power. One arises from consideration of the dynamic properties of atmo-
spheric water vapor. The pressure of saturated water vapor is controlled by temperature (unlike temperature and molar density
as occurs for any non-condensable gas). In the presence of a gravitational field, this property has important consequences:
while dry air can rise adiabatically in a state infinitely close to hydrostatic equilibrium, the saturated water vapor cannot.

The resulting dynamics can be illustrated on the example of a simple system: a horizontally homogeneous atmosphere
composed of pure water vapor, where there is only vertical motion, v = w. The water vapor condenses as it rises and water
returns to the Earth in its solid or liquid form. In this case kinetic energy is produced per unit volume at a rate of —w(9p, /0z+
pvg) = —w(0p, /0z+p,/Hy). Here p, is mass density of water vapor and H,, = RT'/(M,g) ~ 13 km is the hydrostatic scale
height for water vapor (see also Makarieva et al., 2013b, 2014, and references therein). If the pressure distribution of water
vapor were hydrostatic, then total power —w - Vp (W m~3) would be spent to raise the potential energy of the ascending
gas, leaving nothing to kinetic power. When saturated water vapor rises and cools, its partial pressure diminishes governed by
decreasing temperature, the sum in braces is not zero and the hydrostatic equilibrium is not possible.

In the real atmosphere, in the presence of a sufficient amount of non-condensable gases a hydrostatic equilibrium is possi-

ble. If it is realized, the kinetic power W, that derives from condensation of water vapor (which retains a non-hydrostatic
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1 1 Opy Do 1 oy
_ - VndY = — — LAY =—= NRT—dVY ~1IRT,. = PgH,, 2
Wke S/quV S w(aZ+H>V S/wRan RT, gH, 25)
v v v
0 . p
— =~ N = 0 26
92 M, C >0, (26)
1 .
T. = “ps T(2)pdV ~ 270 K. 27
z>0

Here P (22) and IT = P/M,, are global precipitation in units of kg m—2

s~! and mol m~2 s~1, respectively; vy = p, /p = N,,/N,
H, =RT./(M,g), H=RT./(Mg); T. is mean temperature at which condensation occurs. Its global value 7. = 270 K is
estimated in Appendix A. Details of theoretical estimate (25) were elaborated elsewhere (see Makarieva et al., 2013b, 2015a,
and references therein). Here we discuss not the result per se, but its implications for understanding the atmosphere as a heat
engine.

From Egs. (20)-(22) and (25) for total power W, of the condensation-driven circulation we obtain

Hp Hp\ RT.
Wo=Wge+tWp=(1 MRT. = (1 Fy. 28
K+P(+Hv) (+HU)LL (28)

Here L = 45 x 10% J mol~! is the latent heat of vaporization, IT = Fy, /L. A remarkable property of Eq. (28) is that total power
is proportional to the absolute temperature 7., and, unlike the Carnot equation (24), is not related to any temperature difference.

For cases when ATy < T =~ T, the two equations combined constrain AT. Putting W, = W in Egs. (28) and (24) we find

~ 15 K. (29)

ATe =T, (RTS> 1 +HP/HU

L 1+ Fs/Fy,
Here we used F;, =85 W m2, Fg =19 W m—2 (Ohmura and Raschke, 2005), Hp = 3.4 km, see Appendix A, H, =
RT,/(M,g)=12.7 km, and T = 288 K as the global mean surface temperature.

This theoretical estimate of AT obtained under the assumption (25) that the circulation on Earth is condensation-driven
coincides within 20% with an independent estimate of AT, = T — T, = 18 K between the surface temperature and the mean
condensation temperature 7., Eq. (AS). This consistency suggests that the condensation-driven circulation on Earth is equiv-
alent to Carnot cycle operating between the surface temperature and the mean temperature 7, = 270 K where condensation
occurs. This agrees with the observation that a major part of kinetic power is generated in the lower atmosphere, Fig. 2. The
gravitational power of precipitation follows the vertical profile of the water vapor mixing ratio and is also maximum in the
lower atmosphere, see Fig. 2 of Pauluis and Dias (2012) and Fig. 2 of Makarieva et al. (2013a).

The global kinetic power estimated from Eq. (25) using T, = 270 K and P = 0.96 m year—! is 3.8 W m~2, Table 1. This
theoretical estimate is 30% higher than our estimate of Wy = 2.6 W m~2 obtained using the MERRA re-analysis. Similarly,
theoretical estimate of the gravitational power of precipitation Wp derived from global precipitation is about 50% higher than
its MERRA-derived estimate as the difference between W and Wi (20), Table 1. The theoretical estimate of the mass integral
of dh/dt (15) is also about 70% higher (by absolute magnitude) than its MERRA-derived estimate.
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We have suggested that in the latter two cases this discrepancy can be attributed to the coarse spatial and temporal resolution
of the MERRA database. Averaging air velocity and water vapor mixing ratios over areas and time periods exceeding the area
and lifespan of air motions associated with condensation decreases mean condensation rate. In the result, all variables that are
proportional to condensation, including Wp (22) and the dh/dt integral (15), are underestimated in the MERRA database.
From this logic we can expect that with increasing spatial and temporal resolution the atmospheric power estimated from
observations should grow. In agreement with these ideas, Kim and Kim (2013) using the daily averaged MERRA data obtained
Wy =2 W m~2, which is 20% less than the value obtained by Huang and McElroy (2015) and by us here using three hourly
data. Total atmospheric power calculated with a sufficient resolution capturing the motions that cause condensation is thus
likely to be around 5 W m~—2, Table 1.

The fact that Wi is likewise higher than our MERR A-derived kinetic power, testifies in favor of the theoretical estimate
(25). To explain this point in greater detail: Eq. (15) and Eq. (22), which estimate, respectively, the mass integral of dh/dt and
the gravitational power of precipitation Wp, are not dependent on the assumption that air circulation on Earth is condensation-
driven. These equations describe how the corresponding variables can be estimated from observations. Both variables are
approximately proportional to the volume integral of net condensation rate in the atmospheric interior — fz>0 pdY. We notice
that both variables estimated from the MERRA database are by 50-70% smaller than when estimated independently from the
observed global precipitation P. We attribute this to the insufficient spatial resolution of the air motions associated with con-
densation. Now, we predict that if atmospheric circulation is condensation-driven, kinetic power generation is also proportional
to P, as described by Eq. (25). Since we already know that not all condensation is resolved in the MERRA dataset, we can ex-
pect that kinetic energy generation estimated from MERRA using Eq. (21) will be smaller by a comparable magnitude than its
theoretical estimate (25). This is what we find. If kinetic power was unrelated to precipitation, we could not expect that its value
would be smaller than the precipitation-based theoretical estimate (25). If, on the other hand, our theoretical estimate turned

out to be smaller than the MERRA-derived estimate, W . < Wi, this would testify against condensation-induced dynamics.
6.2 The lower limit

Why does the atmosphere generate any appreciable power at all, i.e. what determines the lower limit of W ? Atmospheric power
W can be viewed as a measure of the dynamic disequilibrium of the Earth’s atmosphere. In equilibrium, for example, under
conditions of hydrostatic and geostrophic or cyclostrophic balance, no power is generated: W = 0. There is no vertical air
motion and practically no precipitation. There are no surface fluxes of sensible and latent heat. In global circulation models a
non-zero rate of kinetic energy generation is achieved by introducing an ad hoc intensity of turbulent diffusion, which is chosen
by fitting the model to observations. Turbulent diffusion determines the rate at which kinetic energy is dissipated (and, in the
steady state, generated) (see also discussion in Makarieva et al., 2015b). It is this, and related parameterizations of dissipative
processes, that postulate a certain non-zero value of W in the terrestrial atmosphere and control its behavior. For example,
putting turbulent diffusion in the atmospheric interior close to zero, Held and Hou (1980) described an otherwise realistic
general circulation in a dry atmosphere that was about an order of magnitude less intense than observed on Earth. We find no

obvious grounds to expect that the atmospheric circulation on Earth could not be significantly weaker than it is today.
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To what degree does atmospheric power depend on the Earth possessing a moist atmosphere? A moist atmosphere differs
from a dry atmosphere by manifesting distinct processes that can generate air motion. One, the release of latent heat in the
ascending air, has received much attention in studies of the atmospheric heat engine (e.g., Goody, 2003; Pauluis, 2011; Kleidon
et al., 2014; Kieu, 2015).

Condensation-induced dynamics introduces a distinct mechanism: any upward motion of a saturated air parcel results in
condensation and precipitation which diminishes local surface pressure via a hydrostatic adjustment. This leads to air conver-
gence towards the resulting low pressure. Irrespective of whether this initial air motion gets extinguished or sustains itself via
persistent condensation of laterally imported water vapor, a certain amount of kinetic energy is generated’. In a dry atmosphere
this mechanism does not exist, since upward displacements of dry air do not change the amount of gas.

These condensation-related mechanisms permit self-induced air motion. Condensation occurs and the condensation-related
potential energy is released as the air rises in the gravitational field of Earth. This implies a positive feedback between the
motion of moist air and the release of potential energy that sustains it. In a dry atmosphere such positive feedback is absent.

One can expect that this positive feedback will drive the atmosphere to a state when it will consume all available power such
that condensation rate is maximized. Such an atmosphere will be circulating in the vertical dimension with its vertical velocity
constrained by the absorbed solar power and the condition of maximum precipitation and minimum net radiative and sensible
heat fluxes. On Earth, precipitation accounts for a major part of the solar power absorbed so this situation is realistic. In a dry
atmosphere, with such mechanisms for self-induced air motions absent, atmospheric power can remain much lower.

Whether the atmospheric power would be negligible on a dry Earth is a theoretical question. The parameterization of turbu-
lence in current models is generally unrelated to the hydrological cycle (i.e. one and the same turbulent diffusion coefficient can
be used in both dry and moist models). Therefore, comparing W across current models with varying intensity of the hydrologi-
cal cycle cannot clarify the role of water vapor. What is needed are theoretical insights that could be tested against observations.
Direct tests are unfeasable — one cannot dry the Earth’s atmosphere to see what happens. But one can study phenomena such as
tropical cyclones that require condensation and see whether similar processes can clarify global atmospheric circulation (see,
e.g., Makarieva et al., 2015a). One can investigate circulation power on planets with or without intense phase transitions.

Furthermore, one could re-formulate dissipative processes in the existing global circulation models such that they conform
to condensation-driven dynamics and see how they perform. Currently the parameterization of dissipative processes is gov-
erned by the requirement that the observed pressure gradients must yield the observed wind velocities. Within broad limits
any model, dry or moist, can be parameterized to yield any desirable rate of wind power generation/dissipation. However, if
indeed wind power is linked to condensation, then models that neglect this relationship — though they may be calibrated to
replicate observed wind velocities — cannot predict circulation intensity, precipitation patterns and other related phenomena
under changing climatic conditions (Bony et al., 2015).

By showing that condensation-induced dynamics can readily explain the magnitude of observed wind power, our work

suggests that in the absence of condensation the atmospheric power on Earth would be substantially smaller. This offers

"Whether latent heat release generates any positive atmospheric power is wholly dependent on the sufficiently rapid cooling of the descending air (Goody,

2003). Without such cooling, atmospheric power production from latent heat is impossible.
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important insights into regional moisture regimes and the influence of land cover. Deforestation disturbs terrestrial evaporation
and resulting condensation and diminishes the soil moisture store. One possible effect is changed partitioning between small-
scale atmospheric power generated on the scale of convective eddies and large-scale atmospheric power generated at continental
scale. This would influence air circulation and the terrestrial water cycle. Such mechanisms may explain the shifts in rainfall
recently observed in world regions affected by deforestation like Brazil and the Mediterranean (Marengo and Espinoza, 2015;

Dobrovolski and Rattis, 2015; Cook et al., 2016). We urge increased attention to the dynamic effects of condensation.

Appendix A: Estimating the enthalpy integral (15), Wp (22) and T, (27)

We follow the approach of Makarieva et al. (2013a). We assume that moist air having temperature T and relative humidity 80%
at the surface first rises dry adiabatically up to height z; where water vapor becomes saturated. Then it rises moist adiabatically
to z2, where condensation ceases. At z5 the air preserves share ¢ of its initial water vapor content, ¢ = y(22)/vs = v(22)/7v(z1).
Here v = p, /p, where p,, is water vapor partial pressure and p is air pressure. Moist adiabatic distributions of v(z), T'(z) and
p(2) with p; = 1000 hPa were calculated according to Egs. (A3)-(A5) of Makarieva et al. (2013a).

For T ranging from 260 to 310 K and for ¢ ranging from 0.001 (complete condensation) to 3/4, we estimated mean

condensation height H p, mean condensation temperature 7, and mean condensation enthalpy per mole h., Fig. 4 and Table 2:

1 oy
T.0)=—— 24, Al
Hell =Sy e | 22" D
T, (Ty,C) = 1]2T(z)37dz AT.=T,-T, (A2)
c Sy 7’}/(,22)_’}/(21) 8,2 I c— +s Cy
_ 1 K oy . B B
hC(TS,() = m /h(Z)&dZ, Ahc = hs — hc, h(Z) = CpT(Z) + L’}/(Z), Cp = (7/2)R (A3)

To find the corresponding global mean values we consider the tropics (the area between 30°S and 30°N) and the extratropics
separately. The two regions have equal areas. The mean annual temperatures for 2009-2014 at 1000 hPa are 296.5 K and
277 K for the tropics and the extratropics, respectively. Most tropical rainfall is associated with temperatures above 299 K
(Johnson and Xie, 2010; Sabin et al., 2013), so we take Ts; = 300 K as a representative value for tropical rainfall. In the
extratropics there is also a tendency for higher rainfall at higher temperature, Fig. 5, we take T, = 280 K. According to the
Global Precipitation Climatology Project (GPCP) version 2.2 dataset, tropical and extratropical precipitation in 2009-2014
was, respectively, P = 3.03 mm day’1 and P, = 2.24 mm day’l. We estimated mean global values of Hp, AT, and Ah,
from Eqgs. (A1)-(A3) as

X(TStaC)Pt +X(Tse><)Pe '

A4
) (A4)

X(Q) =

The results are shown in Table 2.
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Figure 4. The upper condensation level z2 (a), lower condensation level z; and Hp (A1) (b), AT, (A2) (c) and Ah. (A3) (d) as dependent

on surface temperature 7’ and incompleteness of condensation . Solid squares show values used for the global mean estimates (AS5).

Assuming that tropical Wp; = 1.5 W m~2 according to the TRMM measurements analyzed by Pauluis and Dias (2012), we
conclude from Table 2 that under our assumptions the results with ¢ > 0.4 (more than 40% of water vapor does not condense)
corresponding to the global mean Wp < 0.75 W m~2 are not realistic. This is smaller than half the tropical average and is
thus impossible. For the same reason our previous estimate Wp = 0.8 W m~2, which corresponds to a negligible contribution
from the extratropical rainfall to total gravitational power, appears an underestimate®. The tropical estimate Wp; coincides

with the TRMM-derived estimate of Pauluis and Dias (2012) for ¢ = 0.2. In this case Wp =1 W m~2. We will thus use the

8The estimate of Wp = 0.8 W m—2 was obtained by Makarieva et al. (2013a) from Eq. (22) assuming that Hp = 2.5 km is a representative value for
the global average. This height corresponds to the following case: at the surface the ascending air has a global mean surface temperature 288 K and relative
humidity 80%; above the point of saturation it rises with mean tropospheric lapse rate 6.5 K km™1; about one quarter of the water vapor does not condense

and remains in the ascending air, i.e. { =1/4.
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Figure 5. Mean monthly temperature at 1000 hPa (a) and GPCP v. 2.2 precipitation (b) in 2009-2014 in the tropics (30°S - 30°N) and the
extratropics (90°S - 30°S and 30°N - 90°N).

case ¢ = 0.2 as a representative value for the global mean, Table 2:

(=02, AT,=18K, —PAh.=—-16Wm 2, Wp=1Wm 2 (A5)
Note that in the interval 0 < ¢ < 0.3 all the values in Table 2 change about 1.3-fold, which suggests that the uncertainty of the
global values should be under 30%.

Appendix B: Details of calculating W and W

The MERRA dataset MAI3CPASM version 5.2.0 was downloaded for the years 2009-2015 (it contains one file for each day)
from http://mirador.gsfc.nasa.gov. We chose this dataset because it contained the pressure velocity w necessary for calculating

total atmospheric power. The data are provided for eight times of the day (¢t =1, ...,8): 00, 03, 06, 09, 12, 15, 18 and 21 hours.
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Table 2. Global mean estimates of the mean condensation height Hp, mean condensation temperature difference AT, and enthalpy
difference Ah. (A4) and the global gravitational power of precipitation Wp dependent on ¢ (incompleteness of condensation). Sub-
scripts ¢ and e refer to corresponding values in the tropics and extratropics. Boldfaced line shows values for ¢ = 0.2 which are consis-
tent with TRMM-derived estimate for tropical Wp; = 1.5 W m™2 obtained by Pauluis and Dias (2012). Note that P = (P, + P.)/2 and
Wp = (Wpt+Wpe) /2.

C HPt HPe HP AT’ct AT‘ce ATC 7PtAhct 7P6Ah/66 7PAhc WPt WPG WP

km km km K K K W m™? W m™2 Wm™2 Wm? Wm? Wm?
000 57 29 45 274 204 244 —3.10 -1.17 —2.14 1.95 0.72 1.34
010 50 24 39 233 17.0 206 —2.71 —1.00 ~1.85 1.71 0.62 1.16
020 44 21 34 204 147 180 —2.39 —0.87 -1.63 1.51 0.54 1.02
025 41 20 32 192 137 169 —2.24 —0.82 —1.53 1.42 0.50 0.96
030 39 19 30 179 128 158 -2.10 —0.76 —1.43 1.32 0.47 0.90
040 33 16 26 157 112 13.8 —1.82 —0.66 —1.24 1.15 0.41 0.78
050 28 14 22 136 9.8 120 —1.54 —0.57 -1.06 098 0.35 0.66
060 24 12 1.9 11.7 84 10.3  —1.28 —0.48 —0.88 081 0.30 0.55
070 1.9 1.0 1.5 98 7.2 87  —1.02 —0.40 —0.71 0.64 0.25 0.45
075 1.6 09 1.3 89 6.6 79  —0.89 —0.36 —0.62  0.56 0.22 0.39

The latitude/longitude grid has a resolution of 1.25°. Latitude coordinate of the grid cell center spans from —90 + 1.25/2 to
90 — 1.25/2 degrees Northern latitude (i = 1,...,144). Longitude coordinate of the grid cell center spans from —180 + 1.25/2
to 180 — 1.25/2 degrees Eastern longitude (j = 1,...,288). The vertical dimension is represented by 42 fixed pressure levels
(k=1,...,42), from p; = 1000 hPa to ps2 = 0.1 hPa (1000, 975, 950, 925, 900, 875, 850, 825, 800, 775, 750, 725, 700, 650,
600, 550, 500, 450, 400, 350, 300, 250, 200, 150, 100, 70, 50, 40, 30, 20, 10,7, 5,4, 3,2,1,0.7,0.5, 0.4, 0.3, 0.1 hPa). For each
day in the studied years we used the following variables Xy (t,1,): geopotential height H, meridional and zonal velocity v and
u, pressure velocity omega w, temperature 7' and the mass fraction of water vapor ¢, = p,,/p. We also used surface pressure
ps(t,i,7). To calculate 9X /0t for time ¢ in a given grid cell we used the next (i.e. 3 hours after the considered time point) and

the previous (3 hours before) X values and divided their difference by At = 6 hr.
B1 Calculation of W

The procedure is best illustrated using an example. For example, we are interested in the time point 15.00 (¢ = 6) on 1 July 2010
for a grid cell with numbers 7 = 80 (latitude) and j = 100 (longitude). This grid cell is centered at 9.375° Northern latitude and

—55.625° Eastern longitude and has an area of S(i) = 1.906 x 10'° m?. The atmospheric column is composed of elementary
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volumes AV, that are enclosed by the neighboring pressure levels £ and & + 1:

AVk(t,Z,]) = S(Z)[Hk+1(tvzvj) - Hk(t7i7j)]7 (Bl)

where Hy,(t,1,7) is the geopotential height of the k-th pressure level. For example, for k = 1 (pressure level p; = 1000 hPa) we
have in the time and place of interest H; = 125 m, Hy = 348 m and AV, = 4.25 x 10'2 m>. The omega value corresponding
to each elementary volume AV}, (B1) was calculated as w = (wy, + wi4+1)/2, i.e. as the average of the omega values at the
neighboring pressure levels defining the elementary volume.

We also need to calculate the contribution of the near surface layer that is enclosed between the pressure levels p (surface

pressure) and py, where k., (t,7,7) is the number of the level with maximum pressure for which the data exists for a given

grid cell and time point. For example, in mountainous areas there are no atmospheric layers with £ = 1 and p; = 1000 hPa: in
such areas k,,;, > 1.

To find the vertical thickness Az of the surface layer we used the hydrostatic equation Op/9z = —p/H, where H = RT /Mg
is the local exponential scale height for air pressure. We estimated the elementary volume AVs(¢,4, ) in the surface layer as

. \Ds — Pk,n; RTj, Mg
AV, =501)Az=50)—"Hp,sn» He =, Mp= .
© © P FT Mg T 1 (Ma/My —1)qu

(B2)

Here M, = 0.0289 kg mol~! and M, = 0.018 kg mol~! are molar masses of dry air and water vapor, respectively. For our cell
(t =16, i =80, j = 100) we have ki, =1, pr,.. =p1 = 10° Pa, p, = 101409 Pa, g,; = 0.0179, M; = 0.0286 kg mol ~!,
Ty =299.2 K and AV, = 2.38 x 10'2 m3.

We now need to find the omega value at the surface w,. (While there are surface data in the MERRA database, they are

min

provided with a different spatial resolution than in MAI3CPASM.) This can be done in two ways, which should give identical
results in the limit of infinitely small elementary volumes, AV — 0, but different results for finite A). The first way is to
extrapolate the omega dependence on pressure linearly to the surface assuming that the derivative of omega over pressure does
not change from the surface to the (K, + 1)-th layer:

Ws — Wk

. w, ) — W .
min _ Whmintl = Pkmin (B3)
Ps = Pkomin Pkrnin+1 = Pkmin

The second way is to assume that at the surface wind velocity is zero, such that V - v = 0 and omega is by definition equal

to surface pressure tendency, see Eq. (23):

_ Ops

ws =75 (B4)
Finally, the integral of omega over the atmospheric column in each grid cell is given by
AV, (t7 27]) Ws (t7 Z,]) +;jk1nin (t7 Z,j) + i AV, (t7 Zy]) Wk (t, 7’7]) +2wk+1 (t7 Z>J) ) (BS)
The global integral of omega for a given time point ¢ was found as the sum of Eq. (B5) over all grid cells:
1 1 en Ws + Wk, 1 W + Wrt1
Q(t) E—S/w(tz,y,m)dVE—SleZl (AVSQ"”"—i;kZAVk2> . (B6)
Y 1=19= =Kmin

22



Atmos. Chem. Phys. Discuss., doi:10.5194/acp-2016-203, 2016 Atmospheric

Manuscript under review for journal Atmos. Chem. Phys. Chemistry
Published: 5 April 2016 and Physics
(© Author(s) 2016. CC-BY 3.0 License. Discussions

Table 3. Annual mean atmospheric power (W m™?2) in 2009-2015.

Variable 2009 2010 2011 2012 2013 2014 2015
Wk 2.65 2.67 265 267 268 275 280
Wi 249 250 249 251 252 259 263
Wi = (W1 +Wk2)/2 257 259 257 259 260 267 272
1% 3.00 296 292 294 293 298 3.08
W 3.25 325 3.8 322 322 326 3.34
W= (W + Wa)/2 312 310 3.05 3.08 307 312 321

The values of 21 and 5 in Fig. 1 were obtained from Eq. (B6) with wy estimated from, respectively, Eq. (B3) and Eq. (B4),

Table 3.
To calculate time derivative Op/ 0t at geopotential height H}, corresponding to the k-th pressure level, we used the hydrostatic

equation in the form

(3;0) _ OHy Op aHk£ -
Hy,

ot Ot 0z Ot Hy

For the global integral we have similar to Eq. (B6):
144 288 AV, [op. ) ap ) i AV,
ot ot )y, 2

1 [0p,, 1
veg G =505 -
v i=1j=1 k=kmin

B2 Calculation of Wi

dp Op
(at)Hk * (at)HW] } B9

We calculated zonal and meridional pressure gradients at pressure level k as follows:

O\ _ (90 OHe _pe 0Hy (Op\ _ pi OH; ®9)

oz ), \0z), 0x  Hp 0z’ \dy), Hr Oy’

aHk(tv'L7]) _ Hk(tvzvj—’_l) _Hk(tvzvj_]-) aHk(tvlvj) _ Hk(tvl'i_lvj)_Hk(taz_la]) (BlO)
Ox - 2 x 1.25 x L(i) ' Jy B 2% 1.25x L, ’

where L(i) is the length of 1 degree arc along the parallel at the corresponding latitude, L, = 111.127 m is the length of one

degree arch along the meridian.

Kinetic energy generation K}, per unit volume (W m™?) at pressure level k is calculated from (B9) and (B10)

- NE (9P
Ky (t,i,7) = —ug(t,i, — | —wil(t,, — ] . BI1
(i) = i) (32) —uteii) (3) ®11)
The value of K at the surface is found in two ways, one by analogy with Eq. (B3):
K- Ky, . Ky, .. +1— K, .
bmin _ Bhomint1 = Bhnin (B12)
Ds = Pkonin Pkumin+1 = Phumin
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and second by analogy with Eq. (B4) assuming that at the surface v =0 and
K, =0. (B13)

For the global integral W for a given time point ¢ we have:

143 288 .. ..
WK(t)——E/( Vp) dV-ZZ(AV t’Z’JHK’@m"(“]HZAV “’Z’JHK’““@’Z’”). (B14)

2 2
i=2 j=1 k=Kkmin

The values of W; and W5 in Fig. 1 were obtained from Eq. (B14) with K, estimated from, respectively, Eq. (B12) and
Eq. (B13), Table 3.

Appendix C: Volume integral of pressure tendency

As noted in Section 4, any magnitudes related to vertical velocity, including total atmospheric power W (20), are associated
with significant uncertainty. The vertical velocity is usually small compared to horizontal velocity. Rather than being observed
directly, the vertical velocity is estimated from the generally larger horizontal velocities using the continuity equation. Minor
uncertainties in the horizontal components permit major uncertainties in the vertical components.

Pressure velocity (23), which depends on vertical velocity, is calculated using the additional assumption of hydrostatic
equilibrium from the continuity equation in the following form:

P
Vyrut B2 =0, ) == [(Twdp +alp) )
Ds
Here subscript p at the nabla operator indicates that it is evaluated at constant pressure. For details see, for example, Kasahara
(1974, his Eq. 6.4).

Pressure velocity calculated from Eq. (C1) is apparently not equal to the actual material derivative of pressure dp/dt (5). This
can be illustrated with the following simple example. Consider a dry axisymmetric uniformly heated hydrostatic non-rotating
atmosphere, which experiences slow periodic cooling and warming. In such an atmosphere the surface pressure tendency
Ops /0t is always zero (because the amount of gas does not change) and horizontal velocity u is also zero (because of the
spherical symmetry), so w(ps) = 0. Therefore, according to Eq. (C1), omega must be zero at all heights and at all times.

However, it is clear that for any height z > 0 the instantaneous pressure tendency (and hence the material derivative of
pressure) is not zero: it must reflect the temperature variation. In the simplest case when p(z) = p, exp(—z/H), where H =
RT/(Mg) is independent of z (an isothermal atmosphere), we have dp/dt = p(z/H?)OH /Ot. In such an atmosphere the

volume integral of dp/dt = dp/dt is positive when the atmosphere is warming, and negative when it is cooling:

- @dz_péaﬂ 10T

ot ot T ot €2)

We calculated the global integral of pressure tendency ¥ (BS8) for the year 2010. It is shown in Fig. 6a together with
Q (23), (B6) and Wi (21). We can see that ¥ does indeed reflect the change of global temperature, Fig. 6b. By absolute
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Figure 6. Time series (30-day running mean of daily values for the year 2010) of (a) the global integral of the pressure tendency ¥ (BS),
the omega integral (23) and kinetic power W (21), cf. Fig. 1; global mean surface temperature (b), global mean surface pressure (c)
and global mean geopotential height at pr = 0.1 hPa (d). This pressure level moves with vertical velocity wr of about 300 m in half a

1

year, wr ~ 2 x 107° m s™!, which corresponds to Is ~ prwr ~ 107* W m™2 <« W in Egs. (8) and (16). Ticks on the horizontal axes

correspond to the 15th day of each month.

magnitude, U constitutes a considerable part (about one quarter) of total long-term atmospheric power W estimated from
pressure velocity. This magnitude is readily derived from Eq. (C2) for a slowly warming/cooling atmosphere. Global mean
temperature 7' changes by 3° or by about 1% in half a year, (1/7)(0T/0t) ~ 6 x 10719 s, Fig. 6b. Global mean surface
pressure changes insignificantly (by about 0.04% ) over the same period, Fig. 6¢. So during the warming phase (the first half
of the year) with p, = 10° Pa and H = 10* m we obtain ¥ = 0.6 W m~2. This agrees well with Fig. 6a.

If we formally added the integral of pressure tendency to the integral of omega, see Eq. (16), we would have obtained an

absurd result whereby at certain times of the year total power would have been smaller than kinetic power, Fig. 6a, dashed curve.
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This illustrates that omega includes only those contributions from the pressure tendency that are associated with macroscopic
air motions and thus non-zero gradients of horizontal velocity, Eq. (C1).

Since the long-term average of W is zero (for the year 2010 we have ¥ = 0.017 W m~2 <« W), it does not affect the long-
term mean estimate of WW. However, this term can be important for quantifying conversion rates of the available potential
energy to kinetic energy. Different means of calculating pressure tendency, either via Eq. (C1) or via temperature tendency
Eq. (B8) should give different results for these rates (see,e.g., Kim and Kim, 2013).

Generally, Fig. 6 shows that instantaneous values of {2 do not reflect the instantaneous values of global atmospheric power
W. Consequently, the difference {2 — W is not equal to the instantaneous value of the gravitational power of precipitation

Wp. This explains why they are not correlated in Fig. 1b.
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